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Abstract

Measurements of trace constituents obtained by instruments aboard the Upper
Atmosphere Research Satellite (UARS) have been used to study transport processes
associated with the quasi-biennial oscillation, laterally propagating Rossby waves, and
upward propagating Kelvin waves in the tropical and subtropical upper troposphere and
stratosphere. Mean vertical motions, vertical diffusivities and in-mixing rates were
inferred from observations of the ‘tape recorder’ signal in near-equatorial stratospheric
water vapor. The effect of the QBO on tracer distributions in the upper half of the
stratosphere was seen in a spectacular ‘staircase’ pattern, predominantly in the winter
hemisphere, revealing the latitudinally asymmetric nature of QBO transport due to
induced mean meridional circulations and modulation of lateral mixing associated with
planetary Rossby waves. The propagation of Rossby waves across the equator in the
westerly phase of the QBO was seen in tracer fields and corroborating UKMO analyses; a
modeling study of the effect of these waves on typical QBO wind profiles was performed.
Water vapor in the upper troposphere and lower stratosphere was found to exhibit
signatures of the tropical intraseasonal oscillation (TIO) and faster Kelvin waves in the
two regions, respectively.

These observational studies demonstrate a remarkable capability of UARS measurements
to elucidiate several fundamental aspects of dynamics and transport in the tropical upper
troposphere and stratosphere. Noteworthy among these is an estimation of upwelling due
to the Brewer-Dobson circulation, which had not been observed directly prior to UARS,
and the hydration of the tropical upper troposphere due to the passage of the convectively
active phase of the TIO.
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Mixing zone in the tropical stratosphere above 10 mb

Timothy J. Dunkerton and Donal J. O'Sullivan

Northwest Research Associates, Beilevue, Washington

Abstract. Observations of trace constituents obtained
from the Upper Atmosphere Research Satellite in late
winter 1991/92 reveal a zone of quasi-horizontal stirring
in the tropical stratosphere above 10 mb, equatorward
of the subtropical jet. This mixing region was separated
from the midlatitude surf zone by a strong gradient of
potential vorticity and tracer along the jet axis. The jet
and accompanying gradients are climatological features.
Mixing equatorward of the jet evidently depends on the
phase of the quasi-biennial oscillation.

Introduction

The distribution of long-lived trace constituents in
the middle atmosphere is affected by quasi-horizontal
stirring due to planetary Rossby waves and instabili-
ties resulting from these waves. Preferred regions of
mixing include the ‘surf zone’ in the midlatitude win-
ter stratosphere [Mc/Intyre and Palmer, 1984], the polar
winter mesosphere [Dunkerton and Delisi, 1985], and
the lowermost stratosphere in all seasons [Chen, 1995;
Dunkerton, 1995; Holton et al, 1995]. Steep horizontal
gradients of potential vorticity and trace constituents
are observed at the lateral boundaries of mixing regions.
In this letter we describe another region of stirring, the
northern tropical stratosphere above 10 mb, as observed
by instruments aboard the Upper Atmosphere Research
Satellite (UARS) in late winter 1991/92.

Data Analysis

Several UARS constituents were examined, including
water vapor (H,O) from the Microwave Limb Sounder
(MLS) version 3 [Barath et al, 1993; Waters et al, 1993]
and pitrous oxide (N2Q) from the Cryogenic Limb Ar-
ray Etalon Spectrometer (CLAES) version 7 [Roche et
al, 1993]. Features described in this letter were ob-
served in other UARS constituents as well, but could
be seen more clearly in some tracers than in others,
depending on the background distribution. Level 3AT
data, consisting of soundings along the orbital track,
were interpolated to a longitude-latitude grid using 4
consecutive days of data as input. The weight func-
tion was an elliptical gaussian with major axis aligned
in the zonal direction. Assigning a relatively small ra-
dius of influence (3°x1°) to this function, comparable to
the distance between soundings, strong tracer gradients
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were preserved, as well as in the original data. A disad-
vantage of this method is that any rapidly evolving (<
4-day) disturbances are aliased into spurious features
with short longitudinal scale. Aliasing was insignifi-
cant in the examples shown, but small-scale features in
our tracer figures should be viewed with caution. This
simple procedure captured the slow evolution of tracers
affected by quasi-stationary planetary waves, and was
entirely adequate for zonally averaged latitude-height
cross sections. Circulation data were obtained from the
United Kingdom Meteorological Office (UKMO) anal-
yses [Swinbank and O’Neill, 1994], and the state of the
quasi-biennial oscillation (QBO) at the equator was de-
termined using rawinsonde data from Singapore (1.4°N,
104.0°E).

Results

Figure 1 displays the mean zonal wind at 4.6 mb for
UARS day 50-650 beginning in November 1991. The
first northern winter, occurring in a deep easterly phase
of the QBO (~70-15 mb), experienced stronger wave
activity and a more disturbed vortex than the second
winter, occurring in a deep westerly phase. Aside from
differences in timing, the mean flow evolution was qual-
itatively similar in the two winters. Breakdown of mid-
winter westerlies led to the formation of a detached sub-
tropical westerly jet near 30°N. This jet is commonly
observed in late northern winter (Randel, 1992} persist-
ing for one or two months after the transition to east-
erlies at higher latitudes.

To illustrate the relation between the subtropical jet
and quasi-horizontal stirring, we focus on the second
half of February and first half of March 1992, UARS
days 160-183, indicated at the top of Fig. 1 by a bold
line. Figures 2a,b show latitude-height cross sections
of MLS H,O and CLAES N,O, respectively, averaged
over this time interval. Figure 3 shows the correspond-
ing latitude-height cross section of mean zonal wind,
from UKMO analyses. The axis of the subtropical jet
is indicated by a bold curve in each of the figures, and
a few isopleths of N2O are superposed in Fig. 3. Both
constituents display an unusual ‘staircase’ pattern in
the latitude-height plane (highlighted in yellow). This
complicated pattern can be separated into individual
features and interpreted, tentatively, as follows: 1) In
the upper stratosphere south of the equator, tracer iso-
pleths are pushed upward due to Brewer-Dobson up-
welling. 2) In the upper stratosphere north of the
equator, between 10 and 2.2 mb, there is a region of
weak tracer gradient due to quasi-horizontal stirring (as
shown below). 3) Near the tropical stratopause there
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Figure 1. Latitude-time cross section of mean zonal wind at 4.6 mb, from UKMO analyses.
Contour interval 10 ms™!, easterlies are shaded.

is a double-peak structure associated with the onset of
the semiannual oscillation (SAQ) west phase. 4) In the
tropical middle stratosphere, there is another double-
peak structure associated with the onset of the QBO
west phase. This feature is visible as a weak depres-
sion of tracer isopleths on the equator accompanied by
tracer anomalies on either side, the one on the north
side being especially prominent in N,O. 5) There is a
strong horizontal gradient of tracer along the axis of
the subtropical jet, extending from the middle strato-
sphere, where the gradient is visible in both tracers,
to the upper stratosphere, where the gradient is evi-
dent only in H2O. Lack of a strong gradient in N2O
is attributable to the small amount and/or weak back-
ground gradient of this constituent in the upper strato-
sphere. 6) Tracer isopleths in the midlatitude Northern
hemisphere stratosphere are quasi-horizontal, extend-
ing across the region of weak mean zonal wind, i.e., the
surf zone. 7) A modest horizontal gradient of N2O at
46-22 mb, but not of H,O, coincides with the axis of a
weak polar night jet near 60°N.

Comparing Fig. 2 with a cross section one year later,
in the opposite phase of the QBO, we find several sim-
ilarities and differences. There is a strong gradient
of tracer coincident with the subtropical jet, flat iso-
pleths of tracer across the midlatitude surf zone, and a
modest N,O gradient approaching polar latitudes (not
shown). The SAQ double peak is also apparent. On the
other hand, there is less evidence of Brewer-Dobson up-
welling south of the equator, no hint of QBO anomaly
in the middle stratosphere, and no evidence of quasi-
horizontal stirring in the upper half of the tropical
stratosphere.

The QBO evidently affects the distribution of con-
served tracers in four ways. 1) QBO circulation cells

in the tropics advect tracers horizontally and vertically
in the latitude-height plane. 2) The QBO zonal wind
anomaly determines whether planetary Rossby waves
can enter the tropical stratosphere from the winter
hemisphere. 3) The equatorial QBO affects the polar
vortex and planetary-wave flux in the northern winter
stratosphere, thereby indirectly influencing the amount
of wave activity that can enter the tropics, and 4) the
strength and southern extent of the Brewer-Dobson cir-
culation. '

We note incidentally that UKMO analyses underes-
timated the onset of the QBO west phase in early 1992
relative to that of Singapore. While there is a sugges-
tion in Fig. 3 of westerly vertical shear at the equator
above 22 mb, Singapore winds revealed a much stronger
shear with absolute westerlies maximizing at almost 20
ms—}. The reason for this discrepancy is unknown.

The latitude-height cross sections of tracer and mean
zonal wind in Figs. 2,3 are representative of shorter in-
tervals within this time period. Figure 4 displays a hor-
izontal map of CLAES N,0 and UKMO zonal wind for
UARS days 180-183 at the 4.6 mb level. There was a
significant planetary-wave event in March 1992, leading
to the breakdown of a remnant vortex and final tran-
sition to summer easterlies at higher latitudes. This
event was underway during the time period shown, but
unfortunately, the north-viewing yaw period of UARS
ended on day 194.

In Fig. 4, a strong tracer gradient just north of the
equator bifurcates into two strong gradients near the
dateline; the northern one links up with the subtrop-
ical jet and closely follows the jet axis as it mean-
ders through the Western hemisphere and extends into
midlatitudes in the Eastern hemisphere. The flow is
dominated by wavenumber 1. but higher wavenumbers
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Figure 2. Latitude-height cross sections of (a) MLS H:O, and (b) CLAES N;O, averaged
over UARS day 160-185. Contour interval is 0.15 ppmv in (a), starting at 3.8 ppmv (dark blue);
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Flgure 3. Latltude-helght cross section of mean zonal
wind, from UKMO analyses, averaged over UARS day
160-185. Contour interval 5 ms™!, easterlies are shaded.
A few isopleths of N;O are also shown (thin lines).
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develop in the Western hemisphere inside the tropical
mixing region. A sequence of maps around this time
suggests that the apparent flux of hlgh N,O concen-
trations into the Northern hemisphere is occurring in
two branches: one near the dateline, and another near
90°W. Spontaneous formation of higher wavenumbers
was observed in nonlinear simulations of a Rossby-wave
critical layer [Salby et al, 1990].

What is remarkable about this picture, in contrast
to the usual midlatitude surf zone, is that the narrow
mixing region occurs equatorward of the subtropical jet,
rather than poleward of it, and is dynamically sepa-
rated from the midlatitude mixing region. In effect,
one can imagine that the subtropical jet has split the
surf zone into two parts: a midlatitude part and a trop-
ical part. The tropical mixing zone is isolated from the
midlatitude surf zone at most longitudes, except over
east Asia and the west Pacific. Meridional displace-
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Figure 4. Horizontal map of CLAES N0 and UKMO zonal wind at 4.6 mb, averaged over
UARS day 180-183. Units: ppmv (N,0) and ms™! (zonal wind).
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ment of air parcels is reduced in the jet core, so that
mixing is inhibited there. Mixing is encouraged where
parce} displacements are large, i.e.. approaching a crit-
ical layer. This interpretation is supported by Fig. 3,
showing that the zero-wind line intersects the tropical
mixing zone above 10 mb. The subtropical jet and ac-
companying PV /tracer gradients are most likely the re-
sult of i) Coriolis torques due to a mean meridional
circulation extending outside the region of wavedriving
to the north, and ii) mixing on either side of the jet
maximum.

Conclusion

UARS observations suggest that the so-called sub-
tropical transport ‘barrier’, evident at lower levels in
volcanic aerosol and trace constituents [e.g., Trepte
and Hitchman, 1992, Randel et al, 1994] extends to
higher altitudes and represents not only the equator-
ward boundary of the midlatitude surf zone but also
the poleward boundary of an intermittent mixing zone
in the tropical upper stratosphere. Although this region
is not as isolated from midlatitude disturbances as at

lower levels, the subtropical jet separates the intermit--

tent tropical mixing from the more pervasive stirring in
the midlatitude surf zone. Except where the subtropical
gradient is breached, there is tendency for the tropical
stratosphere to remain isolated even at higher levels.
During the west phase of the QBO, a strong tracer gra-
dient also develops at the equator, which marks the
southern boundary of the tropical mixing zone.

Strong PV /tracer gradients often coincide with west-
erly jets in the atmosphere and ocean because Rossby-
wave and instability critical levels cannot exist near a
westerly maximum. Propagating Rossby waves must
have negative intrinsic phase speed and therefore can-
not have a critical level near the center of a westerly
jet. Barotropic and baroclinic instabilities must have a
critical level in a region of reversed potential vorticity
gradient, which can only occur in the flanks of a west-
erly jet. Mixing is therefore inhibited near the jet core,
but as long as the maximum wind is not too strong,
Rossby waves can propagate across the jet and break in
adjacent regions of weaker mean flow.

Not all tracer gradients are necessarily the result
of Rossby wavebreaking. A strong, zonally symmet-
ric N,O gradient at the southern boundary of the do-
main in Fig. 4 suggests a possible role for differential
upwelling in subtropical latitudes of the summer hemi-
sphere, in addition to a ‘leftover’ effect of wavebreaking
from the previous winter. Further study is necessary to
determine the relative importance of these effects.
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Cross-equatorially radiating stratospheric Rossby

waves
Donal O’Sullivan

Northwest Research Associates, Bellevue, Washington

Abstract. Upper Atmosphere Research Sateilite ob-
servations of constituent distributions in the middle
stratosphere show that extratropical Rossby waves from
the winter hemisphere can, at certain times. radiate
across the equator and reach the summer subtropics
before they break and are absorbed. Conditions are
most favorable for Rossby waves to radiate into the
tropics when the westerlies of the winter hemisphere ex-
tend to low latitudes, as usually occurs during Novem-
ber and December in the northern hemisphere. Cross-
equatorial radiation of quasi-stationary Rossby waves
requires westerly equatorial winds, as occurred in the
middle stratosphere in late 1992. Constituent distri-
bution maps show numerous episodes of Rossby-wave
radiation across the equator during this early winter
period, but not after early January 1993. Wave break-
ing in both the winter and summer subtropics above
22 mb causes constituent exchange between the tropics
and extratropics, including deep tropical in-mixing.

Introduction

Little is known observationally about the interac-
tion of extratropical stratospheric Rossby waves with
the tropics partly because Rossby waves have a rela-
tively weak temperature signal at low latitudes. Such
information is desirable, however, as Rossby waves from
the winter hemisphere may impart significant momen-
tum to the tropics and because they can induce con-
stituent transport. Here the distributions of a long-
lived constituent species, nitrous oxide (N2Q), are ana-
lyzed to reveal eddy motions at low latitudes in the mid-
dle stratosphere. United Kingdom Meteorological Of-
fice (UKMO) assimilated winds [Swinbank and O’Neill,
1994} are also used to interpret the deduced wave be-
havior.

PData

N»O observed by the Cryogenic Limb Array Etalon
Spectrometer (CLAES) instrument [Roche et al., 1993]
on the Upper Atmosphere Research Satellite (UARS)
are used here. The data used were Level JAT, consisting
of soundings along the orbital track. The UARS orbit
allowed coverage of the stratosphere between 35° S (N)
and 80° N (S) during a northward (southward) viewing
yaw period with over 1200 vertical profiles measured per
day. The L3AT data were interpolated to a latitude-
longitude map using data from three consecutive days,

Copyright 1997 by the American Geophysical Union.
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using an elliptical Gaussian weight function wich major
axis aligned in the zonal direction, as in [Dunkerton
and O’Sullivan. 1996]. N2O has a ground level source
and is destroyed in the stratosphere by photolysis. [ts
lifetime is approximately one year at 10 mb. increasing
rapidly at lower altitudes.

Results

Figure 1 shows maps of N;O mixing ratio at 10 mb
during November and December, 1992. The polar vor-
tex air has very low N2O values (dark blue) due to de-
scent within the vortex and its isolation from the extra-
tropics by the polar night jet. The winter mid-latitudes
are dominated by the surf zone with large-scale stir-
ring around an anticyclone over the north Pacific and
Canada. The tropics have upwelled air rich in N2O,
some of which is drawn northwards over Africa (on this
occasion) into the mid-latitude surf zone by breaking
Rossby waves [Randel et al., 1993]. Overlaid 10 mb
UKMO wind vectors and potential vorticity {PV) con-
tours show the winter polar vortex is disturbed by a
developing anticyclone, while there are weak easterlies
in the summer extratropics. The quasi-biennial oscilla-
tion (QBO) phase is westerly at 10 mb during this pe-
riod (Fig. 2), a necessary condition for cross-equatorial
radiation of quasi-stationary Rossby waves.

Maps of NoO at 10 mb from the period November
1992 to early January 1993 frequently show patterns as-
sociated with Rossby wave radiation across the equator
and wave absorption in the southern hemisphere sub-
tropics. A dramatic example of such events occurred
over a period of approximately two weeks from late
November to early December. The NoO and PV fields
in Fig. 1 show 2 zonal wave one pattern extending into
the tropics from the midlatitudes of the northern hemi-
sphere; e.g., note the strong meridional gradient of N»O
and PV trailing southwestwards from ~40°N, 90°E to
about 10°N, 180°W. N,O also has a strong meridional
gradient near 3°S - 13°S at this time which is rear-
ranged by a zonal wave one disturbance whose zonal
phase is consistent with its being an extension of the
wave one north of the equator. Similarly the tropical
region of high N2O (upwelled air) is wider meridionally
in the western hemisphere than in the eastern hemi-
sphere during the time period of Fig. 1, in response to
the presence of zonal wave one Rossby wave activity.

Figure la shows N,O and PV at 10 mb on Novem-
ber 20-22, 1992. The N,O pattern has zonal wave one
asymmetry at low latitudes but is relatively smooth
at smaller scales. Figure lb shows a similar view
four days later with the tropics dominated by zonal
wave one but now with smaller-scale disturbances near
the dateline. The agreement between the the smaller-
scale N-O and PV tropical patterns supports the idea
that they arise from quasi-horizontal motions associ-
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ated with Rossby waves. The clockwise roll-up on the
equator near the dateline indicates Rossby wavebreak-
ing is occurring there. South of the equator N.O's
isopleths show rearrangement consistent with incipient
wavebreaking, but not of a simple wave one distur-
bance as there are two developing crests of extratropi-
cal air penetrating the tropics. The N,O pattern near
the dateline is consistent with a wavetrain of medium
scale waves Rossby waves emanating from the winter
subtropics and radiating southwards. Apparently the
zonal-wave one's breaking is disturbed by a more local-
ized Rossby wavetrain radiating into the tropics. The
localized Rossby wavetrain appears to originate from a
positive PV anomaly which was advected around a de-
veloping anticycione over the north Pacific region. The
positive PV {low N»Q) anomaly appears in Fig. 1b at
15°-30°N, 150°-180°E. This feature was advected to low
latitudes fairly suddenly during the previous 2-4 days;
prior to that, air with such low N,O remained north
of ~25°N. Heavy solid lines in Fig. 1b are subjectively
placed to indicate the ridge and trough axes of the waves
seen in N2QO, while an ‘X’ marks the probable wave-
train source. From the NE-SW orientation these waves’
trough and ridge axes it is clear that the the wavetrain
is southward radiating (having northward momentum
flux) and the waves are distinct from northward radiat-
ing waves which break at southern low-latitudes during
southern winter.

Following a five-day data gap as the satellite changed
from south viewing to north viewing orientation, Fig. lc,
shows NoO from Dec 2-4, 1992. The tropics and win-
ter subtropics are still disturbed but less dramatically
than in Fig. 1b. Folded isopleths in Fig. lc show that
wave energy reaches to ~20°S. The folds between the
equator and 13°S develop little over the next four days,
however, other than being sheared westward by the
summer bemisphere easterlies, and fade from view af-
ter about ten days. The lack of critical line roll-up in
these folds indicates that the wave’s are behaving ap-
proximately linearly at this time, consistent with the
waves having slow westward phase speed (~3-10 ms™1!).
As the wave activity approaches its critical latitude
in the summer easterlies the waves’ meridional wave-
length contracts, as expected from linear wave theory.
In Fig. lc, and during the following week, there are
hints of clockwise roll-up motion near 15-25°S, 60-120°E
which drifts westwards at about 7-8 ms~!. This repre-
sents wavebreaking and absorption of wavetrain energy
which probably also occurs at other longitudes but is
not easily seen in the mappings. Thus Fig. 1 shows
wavebreaking occurring at the equator (Fig. 1b) and
near 15-25°S (Fig. lc) which is distinct from the north-
ern hemisphere’s midlatitude wavebreaking zone.

It is difficult to unambiguously identify the character-
istics of the Rossby waves crossing the equator: above
the 10 mb level (e.g., 6.8 and 4.6 mb) the mixing ra-
tio pattern near the equator is dominated by zonal
wavenumber one, while below (14.7 mb) the localized
wavepacket nature predominates. It is likely that cross-
equatorial radiation of zonal wavenumber one is blocked
below 10 mb by unfavorable zonal mean winds in the
winter subtropics. Stronger westerly winds in the win-
ter subtropics south of the Pacific sector anticyclone al-
low the medium-scale wavetrain to radiate southwards
even below 10 mb, however.

Map animations from Novemnber and December 1992
show that tropical air is regularly stripped from the
tropics and mixed to higher latitudes {>10°-13°N or S}

by wave breaking in both the northern and southern
subtropics. due to Rossby waves from the winter hemi-
sphere extratropics. While tropical detrainment into
the winter hemisphere has been observed before. these
observations show exchange also occurring on the sum-
mer side of the tropics. The case presented indicates
that the mixing is bi-directional with summer extrat-
ropical air penetrating deep into the tropics, even reach-
ing the equator (near the dateline in Fig. lc). Tropical
air is also seen advected out to 25° S by the wave break-
ing (100° E, 25° S).

Figure 2 is a latitude-height cross-section of zonal
mean N2O and zonal wind averaged over the same three
days as Fig. lc. The westerly QBO phase at 10 mb
and the westerly wind connection to the extratropical
westerlies indicates that linear. quasi-stationary extra-
tropical Rossby waves could freely reach the southern
hemisphere. The weakened N»O meridional gradient
near 15°S and above about 22 mb in Fig. 2 results from
such Rossby-wave radiation. Analysis of NoO maps at
other levels (not shown) indicates the Rossby wave ra-
diation across the equator is confined between about 22
and 3.2 mb. This altitude range is above the QBO west-
erly maximum (Fig. 2), but coincides with the altitude
where there are strong westerlies across the subtropics
between the equator and the mid-latitude westerly jet.

Discussion

Rossby waves in the middle stratosphere frequently
crossed the equator during early winter 1992-93. when
the QBO’s phase was weakly westerly there. break-
ing at the equator and at low latitudes in the summer
hemisphere and causing exchange of tropical and ex-
tratropical air. Such behavior is consistent with the
evolution of the zonal mean wind at 10 mb during this
time. Strong zonal mean westerly winds extend south to
the tropics from mid-November through mid-December
(not shown). The QBO phase near 10 mb is west-
erly during this period so westerly winds extend across
the equator. These conditions are favorable for quasi-
stationary, southward radiating Rossby waves to reach
the southern hemisphere [Bowman, 1996]. During De-
cember the winter surf zone matures and a deeper min-
imum develops in the meridional profile of zonal mean
wind, T, near 30°N with T < 10 ms™!, versus ¥ = 15-20
ms~! during November. This minimum inhibits south-
ward radiation of large-scale extratropical Rossby waves
from higher latitudes. A deeper zonal wind minimum
implies a more effective filter for equatorward radiating
Rossby waves [Chen, 1996; O'Sullivan, 1997].

Rossby waves should not break and irreversibly de-
celerate the QBQ’s core westerlies if the core westerlies
are stronger than the zonal wind minimum between the
equator and the extratropical westerlies [O’'Sullivan,
1997}. (For localized medium-scale wavetrains this ar-
gument should be modified to consider the westerly
wind encountered by the wavetrain on its equatorward
path, rather than the zonal mean). The radiating waves
should break and be absorbed along the summer sub-
tropical flank of the QBO westerlies and in the winter
subtropics, but not at the equator. At intermediate
QBO phases, however, during transitions to easterlies
for example, the equatorial westerlies may not exceed
the subtropical westerly minimum and the Rossby-wave
filtering may not shelter the QBO core from wave dreak-
ing. During December 1992 the equatorial zonal ‘mean
wind was weakly westerly at 10 mb, with maximum
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Figure 1. Horizontal map of CLAES N,O mixing ratio and UKMO PV and wind vectors at 10 mb, using
data from (a) November 20-22, 1992, (b) November 24-26, 1992, (c) December 2-4, 1992. Units: ppbv (N20) and
7x10~3KmZ2kg~!s~! (PV). A bold wind vector representing 60 ms~! is shown in the lower left corner. Heavy

dashed lines indicate Rossby wave ridge and trough axes seen in N-.O.
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westerlies near 22 mb and increasing easterlies above 6.8
mb (Fig. 2 above, and [Ortland et al., 1996], Fig. 12a).
Consistent with this, the presented case (Fig. 1) shows
wave breaking mainly occurred at, and south of, the
equator at 10 mb and levels below, where the QBO
winds are westerly. At the 6.8 mb level (not shown),
however, the wave breaking zone expanded northwards,
engulfing the equator, consistent with the weak QBO
winds. Thus, the breaking of Rossby waves near the
equator in the middle and upper stratosphere, with mo-
mentum deposition and meridional mixing, are most
likely during early winter at levels where the QBO phase
is changing from westerly to easterly [Chen, 1996]. This
work provides observational support for the idea that
Rossby waves contribute to the QBO’s momentum bud-
get [Dunkerton, 1983] at upper levels.
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The influence of the quasi-biennial oscillation
on global constituent distributions

Donal O’Sullivan and Timothy J. Dunkerton

Northwest Research Associates, Bellevue, Washington

Abstract. Long-lived stratospheric constituents observed by the Upper Atmosphere
Research Satellite are compared between late northern winters 1991-1992 and 1992-
1993. The phase of the quasi-biennial oscillation (QBO) was such that the
equatorial zonal wind was easterly (westerly) in the lower stratosphere during the
first (second) winter. In the tropics, winter-to-winter differences in the latitude-
height distribution of zonally averaged N,O and H2O are associated with differences
in large-scale upwelling, the QBO’s mean meridional circulations. and lateral
mixing by incident extratropical Rossby waves. In the extratropics, significant
differences in zonally averaged N.O and H,O are also found which are believed to
represent the extratropical constituent QBO. The transport processes creating the
extratropical constituent QBO are tentatively identified: In the winter extratropics,
QBO modulation of the residual circulation appears to dominate in the upper
stratosphere, while QBO-modulated Rossby-wave isentropic mixing dominates
below about 10 mbar. Analysis of Rossby waves at low latitudes. as deduced from
isobaric constituent distribution maps, suggests that the meridional distribution
of Rossby wave breaking depends on the tropical zonal winds. Easterly QBO
winds prevent Rossby-wave radiation into the tropics, so that a strong constituent
concentration gradient is generated in the winter subtropics. Westerly QBO winds
allow some wave radiation into the tropics, accompanied by isentropic mixing in
the winter subtropics, cross-equatorial propagation, and occasional mixing in the
summer subtropics. These effects depend on altitude and appear to vary in accord

with the descending phases of the QBO.

1. Introduction

In the tropics, the zonal mean distribution of long-
lived constituents is dramatically altered by the annual
cycle, the semiannual oscillation (SAQ). and the quasi-
biennial oscillation (QBQ) [Gray and Pyle, 1986. Za-
wodny and McCormick. 1991. Trepte and Hitchman,
1992; Hasebe, 1994; Hitchman et al., 1994]. The mean
meridional circulations associated with these oscilla-
tions have upwelling/downwelling in conjunction with
easterly/westerly shear layers on the equator. Thus, for
example, a westerly SAO shear zone produces a double
peak of methane mixing ratio in the upper stratosphere
during springtime [Gray and Pyle, 1936].

Quasi-biennial variability in constituents or circula-
tion is not nearly as dominant in the extratropics as it
is in the tropics, because of the larger interannual, sea-
sonal, and shorter-term variability present there. Nev-
ertheless, the interaction of the QBO with the northern
hemisphere extratropics has been documented in both
circulation and long-lived constituents; the most active

Copyright 1997 by the American Geophysical Union.
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seasons for QBO-extratropical interaction appear to be
winter and spring.

The interaction of the QBO and extratropical circu-
lation was first documented by Holton and Tan {1930.
1982} who found a robust correlation between the phase
of the QBO at 50 mbar and the geopotential height in
the north polar region. The relation is such that the
December-February polar night jet is stronger during
winters when the QBO phase at 30 mbar is westerly.
Such QBO-correlated interannual variability of the po-
lar vortex strength is now known as the extratropical
QBO. The coupling of the winter extratropical circula-
tion to the QBO apparently occurs through QBO mod-
ulation of extratropical Rossby-wave activity, as there
is greater Eliassen-Palm flux convergence at middle and
high latitudes throughout the stratosphere in the east-
erly QBO winter composite {Dunkerton and Baldwin.
1991: Baldwin and Dunkerton, 1991; Baldwin and Tung,
1994]. This tendency has also been simulated in numer-
ical models [0 'Sullivan and Salby. 1990; Dameris and
Ebel, 1990: Holton and Austin. 1991: O’Sullivan and
Young, 1992: O Sullivan and Dunkerton, 1994; Butchart
and Austin, 1996; Chen. 1996]. Such results imply that
extratropical transport of constituents should he mod-
ulated by the phase of the QBO. as suggested by Tung
and Yang [1994a, b] and Hess and O Sullivan [19953].

21,731



21,732

Thus the QBO affects tracer transport not only in
the tropics but also throughout the winter middle at-
mosphere. The QBO signal in toral ozone has been de-
scribed using data from the satellite-borne total ozone
mapping spectrometer (TOMS) [Bowman, 19389: Laut
et al., 1989: Chandra and Stolarski, 1991; Randel and
Cobb, 1994; Tung and Yang, 1994a]. These data show
the dominant influence of the QBQ in the tropics where
the total ozone anomaly is approximately in phase with
the equatorial 30-mbar zonal wind. They also depict
an off-equatorial total ozone anomaly which develops
in both northern and southern hemispheres during the
local winter-spring season. with amplitude and sign de-
pending on the QBQO’s phase. This seasonally synchro-
nized subtropical and extratropical QBO signal in total
ozone maximizes at ~30°-40° latitude, and again at the
pole, and is out of phase with the tropical anomaly [e.g..
Randel and Cobb, 1994, Figure 11].

Studies using vertically integrated total ozone can-
not reveal details of the extratropical QBO's vertical
structure, however. Randel and Wu [1996] used strato-
spheric aerosol and gas experiment (SAGE) ozone and
nitrogen dioxide (over the range £60° latitude with 1-
km vertical resolution) and stressed the importance of
the extratropical ozone QBO at middle stratospheric
levels (above 30 mbar) in addition to the larger sig-
nal at lower levels (below 30 mbar). The extratropi-
cal QBO for different constituents depends greatly on
the constituent’s mean distribution, as this is the ba-
sic distribution that the QBO-modulated transport acts
upon. Thus to isolate the extratropical QBO signal
in constituent transport ideally requires multiyear data
sets with vertical and global coverage of constituents
which are long-lived at middle and lower stratospheric
levels. Unfortunately, such data sets will not be avail-
able in the foreseeable future. The Upper Atmosphere
Research Sateilite (UARS) Halogen Occultation Exper-
iment (HALOE) data may prove useful for this pur-
pose, but the infrequent horizontal sampling by HALOE
(about 30 profiles daily) limits its value for studying
eddy transport processes.

In this paper, as an alternative to a long-term cli-
matological study, we compare long-lived constituent
distributions observed by UARS during its first two
northern winters. We note the fortuitous phasing of
the QBO. which switched phase by approximately 130°
between winters, from a deep easterly QBO phase dur-
ing the first winter to a deep westerly phase during the
second. It is notable that the winter-mean extratrop-
ical circulations seen during these two northern win-
ters were similar to the extratropical circulations ob-
served for easterly and westerly QBO composites de-
scribed above. Thus it is reasonable to suppose that
the constituent transport seen during these two win-
ters is also representative of a multiyear QBO comnpos-
ite and that the constituent's winter-to-winter differ-
ence is representative of the constituent’s extratropical
QBO signal. The objectives of this paper are to ana-
lyze the UARS observations of long-lived stratospheric
constituents in order to determine the QBO’s influence
on global constituent distributions and to clarify how
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the QBO modulates transport processes in the tropics
and winter hemisphere.

2. Data

The UARS constituents chosen for this study are ni-
trous oxide (N20O) observed by the cryogenic limb array
etalon spectrometer (CLAES) instrument [Roche et al.,
1993; Roche et al., 1996] and water vapor (H,O) ob-
served by the Microwave Limb Sounder (MLS) instru-
ment (Barath et al.. 1993; Waters et al., 1993: Laho:
et al.. 1996]. Level 3JAT data, consisting of soundings
along the orbital track, were used. The CLAES data
have a vertical resolution of 2.5 km. while MLS data
have about 6-km spacing.

N2O and H,O are long-lived constituents in the strato-
sphere [Andrews et af., 1987, Figure 9.2]. N2O is de-
stroved through photolysis and has a lifetime of greater
than a year at 10 mbar, and which increases rapidly at
lower levels. HaO is created in the stratosphere from
methane oxidation and therefore has a lifetime sumilar
to methane’s of about 3 years at 10 mbar and which in-
creases rapidly below. Methane's longer lifetime allows
this constituent to act as a source of H-O in the ex-
tratropical upper stratosphere, providing a background
concentration gradient that mixing processes can de-
form. On the other hand, N,O's shorter lifetime in this
region results in nearly homogenized, very low mixing
ratio values.

The UARS orbit allows coverage of the stratosphere
between 35°S (N) and 80°N (S) during a northward
(southward) viewing vaw period. Maps of the L3AT
data were made by interpolating to a latitude-longitude
grid using data from three consecutive days and an ellip-
tical Gaussian weight function with major axis aligned
in the zonal direction. as described by Dunkerton and
O’Sullivan [1996]. These mappings take advantage of
the CLAES and MLS instrument’s frequent sampling.
providing over 1200 vertical profiles per day. Such map-
pings capture the slowly evolving features and are par-
ticularly successful at lower laticudes where wind speeds
are relatively weak. Comparison of maps for successive
days shows that most significant features at low lati-
tudes are slow moving and are well represented.

3. Comparison of the First Two
Northern Winters of UARS

3.1. Zonal Wind

The evolution of the stratosphere’s zonal mean wind
at 10 mbar over the first two years of UARS is shown
in Figure 1, using United Kingdom Meteorological Of-
fice (UKMO) assimilated winds [Swinbank and O Neill.
1994a]. The polar vortex was relatively disturbed dur-
ing the first winter when the QBO phase was easterly
over a deep laver from 60 mbar to near 15 mbar ( Fig-
ure 2a), while it was relatively quiet during the second
winter [Manney et al.. 1994, 1995] when the QBO was
westerly over a deep layer (from 70 to above 10 mbar).
Comparing the two northern winters shows that the po-
lar vortex broke down earlier in 1991-1992 than the fol-
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The bold bars indicate the duration of the northward viewing yaw periods discussed here.

lowing vear. In 1991-1992 the vortex broke down in
mid-January, whereas in the following year it survived
until the beginning of March.

Although the UKMO assimilation provides a good
representation of the QBO at most times when com-
pared with Singapore rawinsonde data (Figure 2a) (Nau-
jokat, 1986], there is a discrepancy at the 10-mbar level
during the first UARS winter, with the onset of the
westerly phase at 10 mbar occurring L0 months later in
the UKMO analyses than in Singapore rawinsonde ob-
servations (Figure 2a), occurring in September 1992 ver-
sus November 1991, respectively [Swinbank and O Vel
1994b]. The UARS high resolution Doppler imager
(HRDI) instrument [Ortland et al.. 1996. Figure 11]
provides independent zonal wind observations and in-
dicates that zonal mean westerly winds near 10 mbar
first appear during April 1992. At other times. there
is much better agreement between Singapore, UKMO,
and HRDI zonal wind observations.

Figure 2b shows the 1992 minus 1993 difference in
the zonal mean wind averaged over the mounths of Jan-
uary, February and March. This corresponds to an
“easterly minus westerly” QBO phase difference and
shows the dipole pattern associated with Holton and
Tan’s [1980] extratropical QBO [Baldwin and Dunker-
ton, 1991, Figure 3]. The corresponding difference in
geopotential height at 10 mbar (not shown) also gave a
pattern similar to that of Holton and Tan (1930] (and
Dunkerton and Baldwin [1991]). These results suggest
that the QBO is responsible for the extratropical cir-
culation differences between the two northern winters.
In the following we will refer to the differing extratrop-
ical circulation as the extratrepical QBO’s dynamical
signal. It is, in any case, the signature of a relatively
“active” versus “inactive” winter in the northern hemi-
sphere stratosphere.

3.2. CLAES Nitrous Oxide Distributions

To compare the distribution of long-lived constituents
between the first two northern winters. we are limited
to the time periods when the UARS instruments were
northward viewing. This occurred from early Decem-
ber to mid-January and again from mid-February to
mid-March of both winters. Unfortunately. only a few
days of data are available from the CLAES instrument
for the first time period during the winter of 1991-
1992, so we concentrate on a vear-to-vear comparison
of constituents during the mid-February to mid-March
yaw period. Plate 1 shows the zonal mean NoO mix-
ing ratio cross section averaged over mid-February to
mid-March for both years. along with their difference.
The bold horizontal line in the tropics indicates the 27-
km (~20 mbar) level which approximately marks the
aerosol cloud top in early 1992 (Lambert et al.. 1993}
Both winters show the extratropical surf zone between
about 20° and 60°N as a region of nearly horizontal
isopleths. The polar vortex is evident north of about
60°N in the lower stratosphere as a region of lower N2O
mixing ratio. Both vears also show displacement of iso-
pleths due to tropical upwelling and winter extratropi-
cal downwelling characteristic of the large-scale Brewer-
Dobson circulation. The elevated maximum N-O mix-
ing ratio in the tropics between 30 and 30 mbar (Plate
la) is probably an artifact introduced by the Mount
Pinatubo aerosol cloud, since the major source of strato-
spheric N, O is ground-level emissions from microbiolog-
ical activity followed by tropical ascent into the strato-
sphere. At this time the Pinatubo aerosol cloud was
dense below about 30 mbar (~26 kin) within abour 20°
of the equator [Grant et al., 1994}, so N»O values in this
region may not be accurate. It is unlikely that aerosol
lofting could explain the constituent pattern outside of
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Figure 2.

(a) Monthly mean zonal winds at Singapore (1°N, 104°E). Coutour interval is 3
m s—! and easterlies are shown by dashed lines.

Shading denotes the time periods discussed 1n

this paper. (b) Latitude-height cross-section of the 1992 minus 1993 mean zonal wind difference,
averaged over January through March, from UKMO analyses.

the equatorial lower stratosphere. however. As noted
by Dunkerton and Delisi [1991] in their study of the
time period after El Chichon. it is difficult for aercsols
to have much direct, long-lasting impact on the mean
meridional circulation because (1) the aerosol tends to
settle into a shallow layer, implying a small geopotential
perturbation for a typical temperature anomaly, and (2)
the aerosol spreads horizontally, reducing the latitudi-
nal gradient of heating (which is cne of two terms driv-
ing the mean meridional circulation). Furthermore, (3)
aerosol-induced lofting is accompanied by ozone reduc-
tion. which has a buffering effect on the mean merid-
ional circulation [Kinne et al., 1992]. Finally, (4) the
magnitude and even the sign of heating rate above an
aerosol cloud is not known, so that little can be said
about the direct effect of aerosols above the aerosol
cloud.

Analysis of CLAES N»O during January-March 1992
suggests the following. The structure of the tropical

maximum (mixing ratio greater than 240 parts per bil-
lion by volume (ppbv)) is consistent with transport by
the QBO mean meridional circulation as discussed by
Trepte and Hitchman [1992], given that the QBO zonal
wind has a westerly shear layer near 15 mbar accord-
ing to the Singapore rawinsonde record (Figure 2a).
Strong meridional gradients of NoO develop about the
equator near 20° N or S latitude. partly attributable
to meridional outflow away from the equator below the
westerly shear layer, as discussed by Trepte and Hitch-
man. Strong vertical gradient of N2O mixing ratio oc-
curs just above 15 mbar at the equator due to the QBO
mean meridional circulation’s downwelling in the west-
erly shear zone.

The marked asymraetry of N»O mixing ratio about
the equator at and above 15 mbar is, however, a ma-
jor difference between this pattern and the canonical
QBO-induced aerosol pattern discussed by Trepte and
Hitchman [1992]. Trausport by the QBO's mean merid-
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Plate 1.  Latitude-height cross-sections of CLAES
N-,O, averaged over UARS days (a) 160-185 (Febru-
ary 18-March 14, 1992); (b) 520-550 (February 12-
March 14. 1993); and (c) the difference (a) minus (b).
Contour interval is 15 ppbv in Plates la-lc with the
darkest blue representing 0-15 ppbv in Plate la and
Plate 1. In Plate lc negative values are shown by
dashed contours, and the hold line denotes the zero iso-
pleth. In the tropics a solid horizontal line indicates
27-km altitude, indicating the approximate top of the
Mount Pinatubo aerosol cloud in early 1992.

lonal circulations alone would produce a pattern sym-
metric about the equator. This difference could be due
to the different season examined here (late winter) com-
pared with Trepte and Hitchman's cases, which were
from early October and early November (see their Fig-
ure 3). In our case, the upwelling Brewer-Dobson circu-
lation has become stronger in the summer hemisphere
subtropics. tending to elevate the mixing ratio isopleths
near 10°—20°S. Grant et al. [1996] similarly show equa-
torial asymmetry about the equator for constituent dis-
tributions below 30 km during winter and summer due
to seasonally varying upwelling. A second difference is
the presence of a strong flux of Rossby-wave activity
toward the tropics from the winter extratropics. The
propagation and breakdown of these waves. approach-
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ing the equator at a particular altitude, depends on the
phase of the QBO at that altitude as discussed in sec-
tion 3.4. A third factor to consider is that the altitude
range studied by Trepte and Hitchman was lower than
our region of interest, since aerosol concentration is very
low above about 30 km.

A year later, in January-March 1993, the QBO has
evolved to a nearly opposite phase, with a rapidly de-
scending easterly shear layer near 10 mbar and weaker
westerly shear mainly below 50 mbar (Figure 2a). The
zonal mean NoO mixing ratio pattern (Plate 1b) is very
different from a year earlier (Plate la) at low latitudes.
having weaker meridional gradients flanking a central,
nearly equatorial peak. The easterly shear layer and up-
welling at the equator are centered near 10 mbar, where
the mixing ratio isopleths show a more prornounced up-
ward displacement than is seen at altitudes above or
below. The asymmetry of the mixing ratio pattern
about the equator, above 50 mbar, is mainly due to
a stronger meridional gradient in the winter subtrop-
ics. This represents the equatorward edge of the winter
midlatitude surf zone as it encroaches on the tropics
[Grant et al., 1996]. The strongest meridional gradient
in the winter subtropics slopes upward and equator-
ward from ~20°N at 30-40 mbar to ~10°N at 10 mbar.
Above 10 mbar the strongest gradient again occurs at
~20°N. This is consistent with HRDI wind observations
for March 1993 [Ortland et al., 1996] showing equatorial
easterlies reaching to near 20°N above 10 mbar. while
westerlies occur below, approximately the reverse of the
zonal wind configuration a year earlier. Isobaric synop-
tic maps of constituent mixing ratios are presented in
section 3.4 to help distinguish the transport effects of
mean motions from those of eddy mixing.

Comparing the two winters’ N.O distributions 1n-
dicates that greater large-scale tropical upwelling oc-
curred in February-March 1992 than in February-March
1993. This is indicated in the 1992 minus 1993 mix-
ing ratio difference (Plate lc) by a positive anomaly
in the summer hemisphere’s low latitudes above 50
mbar. Similarly, the mixing ratio difference in the
winter extratropical upper stratosphere suggests that
greater downwelling occurred in 1992, creating the neg-
ative difference in the winter extratropics between 30
and 40 km. In the extratropics below 10 mbar, however,
it appears that enhanced meridional mixing by Rossby
waves during February-March 1992 was the dominant
effect. Such differences in long-lived constituent distri-
butions are consistent with the dynamical differences
between the two winters. During the 1991-1992 (east-
erty QBO phase) winter, the more disturbed extratrop-
ical circulation would result in a strengthened Brewer-
Dobson circulation and greater Rossby-wave mixing
compared with the less disturbed 1992-1993 (westerly
QBO phase) winter.

3.3. MLS Water Vapor Distributions

In this section we look at water vapor. an inde-
pendently observed long-lived constituent observed by
MLS, for comparison with N.O. Plates 2a.b present
zonal mean MLS H,O mixing ratio cross sections for
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the mid-February to mid-March yaw periods of 1992
and 1993, respectively.

There is a strong similarity between the 20O and
N, O mixing ratio patterns, allowing for their approx-
imately inverted source/sink distribution with height
and the poorer vertical resolution of MLS relative 10
('LAES. Plate 2a shows the stronger tropical upwelling
with strong meridional gradients near ~25°N and 20°S,
the tropical mixing zone above 10 mbar. downwelling
in the winter extratropics and especially within the po-
lar vortex. and the winter midlatitude surl zone. The
lower vertical resolution of MLS does not permit the
sharp vertical gradient near 10 mbar and 0°=20°N to
be resolved as well as by CLAES. however. Methane
oxidation increases H,0 mixing ratios with height in
the upper stratosphere. so that H,Q shows strong gra-
dients in this region, whereas the N2 has been nmostly
destroyed and thervefore appears nearly constant. Thus
the H.O mixing ratio (Plates Za and 2b) highlights the
meridional gradient near 5 mbar and 35°N nch more
clearly than the N2O mixing ratio (Plates Ta and Ib).

The H.O mixing ratio from 1993 similarly compares
well with the N»O mixing ratio. The main difference be-
tween the two constituent distributions is that the H»,0
mixing ratio gradients are more uniformly distributed
over the domain, although the meridional gradient at
the subtropical jet is still clearly cvident from ~20°N
near 22 mbar to 30°N near 2.2 mbar (Plate 2b). The
1992 minus 1993 difference {Plate 2¢) bears a strong
similarity to that of the NoO mixing ratio (Plate lc).
apart from a sign change. The agreement between NoO
and H.O is remarkable, considering the instrument and
species lifetime differences, and increases our confidence
in the accuracy of the observations.

As with N2O. the main features in the winter differ-
ence plol can be attributed to transport processes. The
tropical mixing zone above 10 mbar in February-Narch
1992 results in a positive maximum in the H2O mix-
ing ratio difference near 0°—20°N. Large-scale tropical
upwelling. cross-equatorial transport and winter extrat-
ropical downwelling above 10 mbar are stronger during
the first winter than the second, causing the large region
of negative H20 differences in the tropics and summer
low latitudes. with positive difference above 10-15 mbar
in the winter extratropics north of about 40°N. Below
10-15 mbar. for example. at 22 mbar. in the extratropics
the negative HoO difference reflects stronger surf zone
mericdional transport in the first winter. Thus compar-
ing the February-March period between these winters
suggests that meridional mixing dominates the zonal
mean H.O mixing ratio tendency below 10-15 mbar
while Brewer-Dobson advection dominates above. The
longer lifetime of HoO in the middle and upper strato-
sphere allows the 1992 minus 1993 H2O mixing ratio
difference to be seen better in the upper stratosphere
than was the case with NoO. Otherwise. despite mi-
nor differences. the HoQ mixing ratio winter difference
(Plate 2¢) resembles the NoO difference with sign ve-
versed.

3.4. Rossby Wave-Induced Mixing

The striking winter-to-winter variability seen in the
zonal wean constituent distribution at low northern
latitudes. mirrored 1 the strong. equatorially asym-
metric difference anomaly (Plate le and 2¢), suggests
that QBO-dependent Rossby-wave transport is active in
shaping the distributions. To illustrate the importance
of Rossby-wave mixing for trace constituent differences
between casterly and westerly QBO phase. and their de-
pendence on altitude, we present a few maps of CLAES
N-O in the time periods of interest. Plates 3a and 3b
show the distribution of NoO in early 1992 (UARS days
165-168: February 23-26) at 4.6 and 14.7 mbar. respec-
tively. while Plates 4a and 4b show the corresponding
distribution at these altitudes in early 1993 (UARS days
528-530: February 20-23). The days selected from each
winter are representative of their yaw periods. and the
features we cliscuss are also evident on other days ol
cach vaw period. One feature immediately apparent
is the larger NoO concentration throughout the tropics
in the first winter at 14.7 mbar. This may indicate en-
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Plate 3. Horizontal map of CCLAES N2O mixing ratio (ppbv) and UKMO zonal wind (m s™1)
averaged over UARS day 163-168 (February 23-26. 1992) at {(a) 4.6 mbar, and (b) 14.7 mbar.

hanced Brewer-Dobson upwelling. as noted above. since
the pattern of increased N»O in Plate 3b is almost zon-
ally symmetric and unperturbed by Rossby waves. Note
that the same color scheme is used in Plates 3a and
4a (4.6 mbar) but that the scheme is altered between
Plates 3b and 4b (14.7 mbar) due to the different trop-
ical N»O concentrations seen at that level in each win-
ter. Several other features in these inaps comparing the
two years cannot be explained solely in terms of mean
meridional transport. however. The data suggest that
Rossby-wave propagation and breaking, as modulated
locally by the QBO, plays a significant role in shaping
the distribution of long-lived constituents in the trop-
ics and subtropics (where our color scheme displays the
greatest contrast). [n particular, the intensity and lo-
cation of maximum horizontal N2O gradient, and the
latitude of maximum N»O concentration, differ signifi-
cantly between the two winters in a manner consistent
with the action of laterally propagating Rossby waves

and a local modulation of their propagation and break-
ing by the QBO winds.

During January-March 1992, Rossby waves are seen
to transport NaO-depleted air quasi-horizontally closer
to the equator above about 10 mbar. creating a tropi-
cal mixing zone between the equator and 20°N. Isobaric
maps of NaO above 10 mbar show that N.O 1s trans-
ported to about 10°N on day 165 (Plate 3a) and to
about 5°N by day 180 [see Dunkerton and O Sullivan,
1996, Figure 4). Below 10 mbar, such niaps show quasi-
stationary Rossby-wave radiation to be nearly com-
pletely blocked at about 20°N throughout February and
March (Plate 3b). This is presumably due to the QBO
zonal wind, which is westerly above 10-15 mbar and
easterly below (Figure 2a). Winds observed by HRDI
during March 1992 also show strong tropical easterlies
below about 10 mbar reaching to about 20°N, while
above 10 mbar (to at least 2 mbar) there are weak cast-
erly or westerly zonal mean winds between the equator
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Plate 4. Horizontal map of CLAES N»O mixing ratio (ppbv) and UKMO zonal wind (m s™!)
averaged over UARS day 528-330 (February 20-23. 1993) at (a) 4.6 mbar. and (b) 14.7 mbar.
Note the alterecd color scale between Plate 3b and Plate 4b.

and the extratropical westerly jet ( Figure 3a and Or-
tland et al. [1996, Figure 12a)). One effect of Rossby-
wave mixing at low latitudes above 10 mbar is the dissi-
pation of the QBO mean meridional circulation-induced
peak near 20°N. The equatorward transport and mix-
ing above 10 mbar during February and March was dis-
cussed by Dunkerton and O Sulliwan [1996].
Examination of isobaric maps of N2O mixing ratio
during late February 1993 indicates that Rossby waves
penetrate closer to the equator below 10 mbar, to about
10°N at least, with some evidence of propagation across
to the summer hemisphere (e.g., Plate 4b shows the 15-
mbar level) while their transport signature is largely
confined poleward of ~15°-20°N above 10 mbar (Plate
4a). Such behavior is consistent with linear Rossby-
wave theory, which permits the equatorward radiating
Rossby waves to propagate until they reach their critical
latitude (T = ¢ ~ 0 in this case). During February and

March 1993, QBO easterlies should block equatorward
radiating Rossby waves near ~20°N above 10 mbar,
(e.g.. Figure 3a). Below 10 mbar at this time, however,
zonal winds at low latitudes remain weakly westerly in
the lower stratosphere according to UNMO wind analy-
ses (not shown) or HRDI observations (Figure 3b). This
allows the possibility of Rossby-wave radiation from ex-
tratropical westerlies to reach the equator and summer
hemisphere [Chen, 1996; O Sullivan, 1997).

The propagation of Rossby waves and their irre-
versible effect on the distribution of a long-lived tracer
evidently depend on the local wind distribution as mod-
ulated by the QBO. A “westerly over easterly” zonal
wind pattern (as occurred in the first UARS winter) al-
lows the possibility of wave propagation into the equa-
torial zone in the upper, but not lower, levels, while an
“easterly over westerly” pattern (as developed in the
second winter) prevents equatorial penetration at up-
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Figure 3. Meridional profile of zonal mean wind at (a)
4.6 mbar, and (b) 14.7 mbar, averaged over the two yaw
periods. Winds are from UKMO analyses poleward of
30° and HRDI equatorward of 16°, with a linear transi-
tion between. The corresponding 1992 Singapore zonal
wind observation in Figure 3a is shown by the diamond.

per levels while allowing a modest amount of isentropic
mixing at lower levels of the tropics. The strength and
location of the subtropical tracer “barrier” therefore de-
pends on the ability of Rossby waves to penetrate the
tropics, irrespective of any remote effect of the QBO on
extratropical waves. Not surprisingly, at any given al-
titude this barrier (e.g.. in the region ~10°-25°N) was
more diffuse when tropical winds were westerly com-
pared with when they were easterly. Thus, at 4.6 mbar
a sharper subtropical gradient is visible in Plate 3b than
in Plate 4b, while at 14.7 mbar the subtropical gradi-
ent is sharper in Plate 3b than in Plate 4b. Dunkerton
and O’Sullivan [1996] showed, however, that in the first
UARS late winter, the subtropical tracer gradient coin-
cided with the axis of a climatological subtropical jet.
The jet axis and tracer gradient tilted poleward with
height in the upper stratosphere. There was a second

tracer gradient at ihe equator. associated with QBO
westerlies that formed around this rime. These teatures
are visible in Plate 3a.

In general, the appacent subtropical “transport bar-
rier” can be viewed as the lateral terminus of a mixing
zone. However, there may be more than one reason for
such a terminal latitude to appear in the tracer data.
On the one hand. Rossby-wave mixing tends to be sup-
pressed in a westerly jet core for reasons discussed by
Dunkerton and O'Sullivan (1996]. On the other hand. a
critical latitude (i.e.. critical level where intrinsic phase
speed goes to zero) acts as a barrier to mixing because
propagation. hence breaking, is precluded bevond this
poiwnt. or more precisely, bevond the edge of the crit-
cal laver. In the first case, mixing does not occur be-
cause a critical latitude cannot exist at the jet core for
waves able to propagate on the jet, so that mixing is
discouraged at the center of the jet. In the second case.
mixing does not occur because further wave propaga-
tion is precluded by the presence of a critical latitude.
The common thread is that significant mixing occurs
only in a region of breaking waves, i.e., a critical layer.
For quasi-stationary waves which dominate the winter
middle atmosphere, the breaking region or “surf zone™
occurs poleward of the zero-wind line in a region of rel-
atively weak winds, and is bounded to the north and
south either by a westerly jet(s) (equatorial. subtrop-
ical, and/or polar) or a region of strong easterlies in
which such waves cannot propagate at all.

The tracer distribution in the tropical and subtrop-
ical upper stratosphere in the first UARS late winter
may be explained in terms of the first mechanism. due
to the subtropical westerly jet and formation of QBO
westerlies over the equator. At lower levels in the first
winter and at upper levels in the second winter. the sec-
ond mechanism seems more relevant on account of QBO
easterlies at the respective altitudes. Latitudinal pro-
files of mean zonal wind for the two yaw periods in 1992
and 1993 are shown in Figure 3 as obtained from HRDI
and UKMO data, together with the point measurement
at Singapore. At the upper level in 1992 (Figure 3a). a
new westerly jet is beginning to develop near the equa-
tor, but the actual maximum value is just shy of zero.
unlike the situation at Singapore where typical QBO
westerlies have already been attained. There is evi-
dently some zonal variation in the onset of QBO wester-
lies, such that westerlies first appear near the maritime
continent, in the region south-southwest of cthe Aleutian
anticyclone, into which positive potential vorticity (PV)
is advected by the prevailing anticyclonic flow. Wester-
lies are associated with the southern flank of an extru-
sion of high-PV air and are therefore expected to form
in this region as a result of planetary wave breaking. At
the upper level in 1993, zonal winds are easterly south
of about 13°N, and the subtropical jet is weaker than
in 1992. (These results agree with Figure 2b. However.
the polar night jet in Figure 2b (January- March aver-
age) is weaker in 1992, as expected of the Holton-Tan
oscillation, whereas in Figure 3a the jet speed, averaged
over the vaw period (mid-February to mid-March). is
stronger in 1992. Compared with Figure 1. the polar
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Figure 4. Schematic of the meridional profile of zonal
mean wind in the upper stratosphere during late winter.
when the quasi-biennial oscillation’s phase in the lower
stratosphere is westerly (letter A) or easterly (letter B).
{Note that the QBO reverses phase between the lower
and upper stratosphere.) The solid horizontal lines in-
dicate the extent of distinct meridional mixing zones
which may form during late winter (see text for details).

night jet reappeared during the yaw period in late win-
ter 1992, but in 1993, winds were actually at a local
minimum during this time. Thus the apparent QBO
anomaly in high latitudes in Figure 3a is simply due to
the timing of planetary wave events and does not indi-
cate the true extratropical QBO shown in Figure 2b.)
At the lower level in 1992 (Figure 3b), the QBO was
westerly in 1993, while in 1992 the QBO was easterly.
and a new westerly jet was beginning to emerge.

The ability of Rosshy waves to penetrate the tropics
differs significantly between the two periods shown in
Figure 3, at both levels. At the upper level in 1992, sta-
tionary waves can radiate across the equator at certain
longitudes (e.g., near Singapore), and slowly westward
propagating waves can reach the equator at all longi-
tudes. In 1993, all such waves are excluded from the
tropics. (The Singapore zonal wind at 35 km in 1993
is -18 m s~! in good agreement with HRDI, -15 ms~!,
and there is no evidence of significant zonal asymmetry
at this time.) At the lower level the difference in wave
propagation is more dramatic, but wave amplitudes at
this altitude should be smaller, on average, due to the
density effect.

Figure 4 summarizes schematically the contrasting
situations observed at upper levels in early 1992 and
1993, which may be taken to represent opposing phases
of the tropical QBO in the upper stratosphere in late
winter. QBO easterlies at lower levels are accompanied
by the formation of QBO westerlies at upper levels. In
this case, indicated by letter B, the extratropical QBO
signal is such that midlatitude planetary wave activity
1s enhanced, the polar night jet is weakened. a more
pronounced subtropical jet forms. and Rossby waves
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are able to penetrate the tropics at upper levels. The
midlatitude surf zone is divided in haif by the subtrop-
ical jet. and mixing =xtends to the equator. the “trop-
ical mixing zone” of Dunkerton and O Sullivan [1996].
In the opposite phase of the QBO. indicated by let-
ter A, planetary wave activity is diminished somewhat
by QBO westerlies at lower levels. etc.. and propaga-
tion of quasi-stationary waves into the tropics at upper
levels is entirely prevented by QBO easterlies. In the
latter time and place. surf-zone mixing ends ciose to the
zero-wind line. In reality, it is possible that westward
moving disturbances are excited in the breaking zone of
quasi-stationary waves [Polvan: et al., 1995; O Sullivan
and Chen, 1996], which may lead to minor mixing equa-
torward of the zero-wind line. or wherever such waves
encounter their critical latitude. The main mixing zones
in the upper stratosphere for each winter are indicated
in Figure 4 by bold lines. Also included is a mixing zone
at low latitudes in the summer hemisphere which can
form when the equatorial wind is westerly [O Sullivan,
1997).

4. Conclusions

We have compared the distribution of long-lived strato-
spheric constituents in the first two northern winters
(1991-1992 and 1992-1993) observed by the UARS satel-
lite. I[n the tropics, these winters were characterized
by opposite QBO phases: A deep layer of easterlies
dominated the lower stratosphere with westerlies above
about 10 mbar during the first winter, and zonal winds
were westerly throughout the lower stratosphere during
the second winter with easterlies above about 10 mbar.

The behavior of the extratropical circulation during
these two northern winters was consistent with the ex-
tratropical QBO [Holton and Tan. 1930. 1982] whereby
the polar vortex is more disturbed and weaker during
winters with easterly QBO rather than westerly QBO
phase at 40 mbar. This is seen in the January-March
average zonal mean wind (Figure 2b) and in 10-mbar
geopotential height. It is reasonable. then, to expect
that the distribution of long-lived constituents during
these two northern winters should also be representa-
tive of their QBO composites, if enough years of data
were available to obtain such composites.

The main objective of this paper has been to compare
the late winter distribution of loug-lived constituents.
CLAES N,O and MLS H,O, between two northern win-
ters with opposite QBO phase in order to reveal how
the QBO may be influencing their distribution glob-
allv. From the comparison of winters it is concluded
that long-lived constituents are affected by the QBO
throughout the tropics and winter hemisphere. The
winter-to-winter difference of these two independently
observed constituents shows a similar mixing ratio pat-
tern, as would be expected if the difference were due to
differing transport between winters.

Comparison of the two winters {Plates 1 and 2) shows
that transport by mean meridional circulations is af-
fected by the QBO both locally and globally. The lo-
cal redistribution by the QBO’s mean meridional cir-
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Figure 4. Schematic of the meridional profile of zonal
mean wind in the upper stratosphere during late winter.
when the quasi-biennial oscillation’s phase in the lower
stratosphere is westerly (letter A) or easterly (letter B).
(Note that the QBO reverses phase between the lower
and upper stratosphere.) The solid horizoutal lines in-
dicate the extent of distinct meridional mixing zones
which may form during late winter (see text for details).

night jet reappeared during the yvaw period in late win-
ter 1992, but in 1993. winds were actually at a local
minimum during this time. Thus the apparent QBO
anomaly in high latitudes in Figure 3a is simply due to
the timing of planetary wave events and does not indi-
cate the true extratropical QBQO shown in Figure 2b.)
At the lower level in 1992 (Figure 3b). the QBO was
westerly in 1993, while in 1992 the QBO was easterly.
and a new westerly jet was beginning to emerge.

The ability of Rosshy waves to penetrate the tropics
differs significantly between the two periods shown in
Figure 3, at both levels. At the upper level in 1992, sta-
tionary waves can radiate across the equator at certain
longitudes (e.g., near Singapore), and slowly westward
propagating waves can reach the equator at all longi-
tudes. In 1993, all such waves are excluded from the
tropics. (The Singapore zonal wind at 35 km in 1993
is -18 ms~! in good agreement with HRDI, -15 m s~t,
and there is no evidence of significant zonal asymmetry
at this time.) At the lower level the difference in wave
propagation is more dramatic, but wave amplitudes at
this altitude should be smaller, on average, due to the
density effect.

Figure 4 summarizes schematically the contrasting
situations observed at upper levels in early 1992 and
1993, which may be taken to represent opposing phases
of the tropical QBO in the upper stratosphere in late
winter. QBO easterlies at lower levels are accompanied
by the formation of QBO westerlies at upper levels. In
this case, indicated by letter B, the extratropical QBO
signal is such that midlatitude planetary wave activity
is enhanced. the polar night jet is weakened. a more
pronounced subtropical jet forms., and Rossby waves

are able to penetrate the tropics at upper levels. The
midlatitude surf zone is divided in haif by the subtrop-
ical jec. and mixing =xtends to the equator. the “trop-
ical mixing zone” of Dunkerton and O Sutlivan [1996].
In the opposite phase of the QBO. indicated by let-
ter A. planetary wave activity is diminished somewhat
by QBO westerlies at lower levels, etc.. and propaga-
tion of quasi-stationary waves into the tropics at upper
levels is entirely prevented by QBO easterlies. In the
latter time and place. surf-zone mixing ends close to the
zero-wind line. In reality, it is possible that westward
moving disturbances are excited in the breaking zone of
quasi-stationary waves [Polvant et al., 1995: O Sullivan
and Chen, 1996], which may lead to minor mixing equa-
torward of the zero-wind line, or wherever such waves
encounter thetr critical latitude. The main mixing zones
in the upper stratosphere for each winter are indicated
in Figure 4 by bold lines. Also included is a mixing zone
at low latitudes in the summer hemisphere which can
form when the equatorial wind is westerly [O Sullivan,
1997].

4. Conclusions

We have compared the distribution of long-lived strato-
spheric constituents in the first two northern winters
(1991-1992 and 1992-1993) observed by the UARS satel-
lite. In the tropics, these winters were characterized
by opposite QBO phases: A deep layer of easterlies
dominated the lower stratosphere with westerlies above
about 10 mbar during the first winter. and zonal winds
were westerly throughout the lower stratosphere during
the second winter with easterlies above about 10 mbar.

The behavior of the extratropical circulation during
these two northern winters was consistent with the ex-
tratropical QBO [Holton and Tan. 1930, 1982] whereby
the polar vortex is more disturbed and weaker during
winters with easterly QBO rather than westerly QBO
phase at 40 mbar. This is seen in the January-March
average zonal mean wind {Figure 2b) and in 10-mbar
geopotential height. It i1s reasonable. then, to expect
that the distribution of long-lived constituents during
these two northern winters should also be representa-
tive of their QBO composites. if enough years of data
were available to obtain such composites.

The main ohjective of this paper has been to compare
the late winter distribution of long-lived constituents,
CLAES N20O and MLS HaO, between two northern win-
ters with opposite QBO phase in order to reveal how
the QBO may be influencing their distribution glob-
ally. From the comparison of winters it is concluded
that long-lived constituents are affected by the QBO
throughout the tropics and winter hemisphere. The
winter-to-winter difference of these two independently
observed constituents shows a similar mixing ratio pat-
tern, as would be expected if the difference were due to
differing transport between winters.

Comparison of the two winters (Plates 1 and 2) shows
that transport by mean meridional circulations is af-
fected by the QBO both locally and globally. The lo-
cal redistribution by the QBQO’s mean meridional cir-
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culation has been previousiv studied and is evident re-
gardless of season because it is the dominant source of
transport variability in the tropics. During the first
winter. having a deep easterly QBO phase below about
10 mbar. both N-O and H~O (zonally averaged) show a
region of weak mixing ratio gradient within about 20° of
the equator. at altitudes up to about L0 mbar. flanked
by strong meridional gradients The second winter. in
contrast. had westerly QBO phase below 10 mbar and
shows a narrower, peaked zonal mean mixing ratio dis-
tribution centered near the equator with much weaker
meridional mixing ratio gradients along its flanks.

The QBO also modulates the large-scale Brewer-
Dobson circulation and its associated transport via the
extratropical QBO, since the strength of the Brewer-
Dabson circulation is closely coupled to the intensity
of extratropical Rossby waves. The differing strengths
of Brewer-Dobson circulation between winters can be
seen in Plates 1 and 2. The circulation is stronger in
the more active first winter than in the second. The
ascending branch, occurring mainly in the summer sub-
tropics (see Figure 17 of Dunkerton [1989]). 1s stronger
in the first winter and elevates mixing ratio isopleths
to higher altitudes than the following winter. This is
best seen above 10 mbar where the circulation and its
winter-to-winter difference are strongest. Variations in
the strength of the large-scale meridional circulation are
also seen in its descending branch at winter high lati-
tudes. particularly in the upper stratosphere. Plate 2
shows that mixing ratio isopleths at high latitudes in
the upper stratosphere are drawn to lower altitudes dur-
ing the more active first winter, hence the positive H.O
mixing ratio difference above about 15 mbar in the mid-
dle and high latitudes (Plate 2c). These effects of the
Brewer-Dobson circulation strength are not so evident
in N.O (Plate 1) as they are in H,O because N:O’s
shorter chemical lifetime in the upper stratosphere re-
duces its interannual variability there. relative to that
seen in H,O.

QBO modulation of extratropical Rossby-wave activ-
ity implies that an extratropical QBO signal also ex-
ists in isentropic Rossby-wave transport. The obser-
vations presented here appear to confirm this, showing
greater quasi-horizontal constituent mixing occurring at
latitudes poleward of ~30°N in the middle and lower
stratosphere below 10 mbar during the first, more dy-
namically active winter. This causes the positive (neg-
ative) difference anomaly in Plate lc (Plate 2c) in the
winter extratropics below about 10 mbar. An alterna-
tive explanation for the distribution difference, in terms
of different mean vertical transport between winters,
seems unlikely, as it would create an extratropical differ-
ence having the same sign at all altitudes, given that the
vertical gradients of the background constituent mixing
ratio do not change sign with height. The quasi-biennial
variability of the Brewer-Dobson circulation may ex-
plain the constituent variation in the middle and high-
latitude upper stratosphere above 10 mbar, however. At
an intermediate height. near 10 to 15 mbar. the mean
and eddv transport effects apparently cancel for these
constituents.
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Randel and W u {1996] examined the vertical structure
of the extratropical QBO in using SAGE II ozone. En-
ploving a seasounally varying regression between global
ozone and QBO wind. they extracted QBO anomalies
during January-March. Aside from the expected tropi-
cal ozone QBO anomalies. the regressed anomalies were
large only in the winter hemisphere (see their Figure
10). The extratropical ozone anomalies are similar to
the long-lived constituent anomalies seen here in lat-
itudinal range but occur at different altitudes. They
show two extratropical anomalies. near 10-20 mbar and
near 50 mbar. of the same sign. and extending from
about 20°N to 60°N. the limit of their data. They ac-
tribute the lower extratropical anomaly to vertical dis-
placement, based on the background ozoune distribution.
while the middle stratospheric anomaly’s origin is un-
known. The different structure of their extratropical
ozone QBO from that seen here in N2O and H,O is not
surprising, given the very different species lifetimes and
background mixing ratios. Ozone has a much weaker
meridional mixing ratio gradient in the stratosphere.
reducing the effect of isentropic mixing relative to that
of N.O and H,O.

Finally, the most prominent winter-to-winter differ-
ences in N.O occur between the equator and ~30°N
and are attributed to the effect of the QBO winds on
wave breaking equatorward of 30° N, as discussed in sec-
tion 3.4. The frequent sampling of the CLAES and MLS
instruments allow “synoptic™ maps of N2O and H.0 to
be made. clearly showing that Rossby-wave breaking
in the winter low latitudes is influenced by the QBO
phase. Plates 3 and 4 show that Rossby waves pene-
trate closer to the equator when the QBO winds are
westerly rather than easterly. Partly as a consequence
of this, there is also a weaker constituent mixing ra-
tio gradient between the tropics and extratropics when
the QBO winds are westerly rather than easterly. This
relationship is consistent with results from numerical
modeling of tracer transport under such circumstances
[O’Sullivan and Chen, 1996]. Thus the distribution of
mixing ratio in the tropics appears to be affected by
the breaking of Rossby waves incident from the winter
hemisphere. In fact, there appears to be evidence of
such waves propagating across the equator at 15 mbat
during the westerly QBO phase of the second winter.
As discussed by O’Sullivan [1997], such waves will not
break in the QBO westerlies but will instead break on
reaching a critical latitude in the summer subtropics.
The constituent maps, as well as the zonal mean winter-
to-winter differences, support the conclusion that QBO
modulation of Rossby-wave transport plays an impot-
tant role, along with QBO modulated mean meridional
transport, in forming the seasonally synchronized. off-
equatorial QBO in long-lived constituents.
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Vertical velocity, vertical diffusion, and dilution by
midlatitude air in the tropical lower stratosphere

Philip W. Mote.!? Timothy J. Dunkerton,! Michael E. McIntvre,? Eric A.
Ray,* Peter H. Haynes,® and James M. Russell III°

Abstract.

Air passing upward through the tropical tropopause is “marked” by an annually
varying water vapor mixing ratio much as a tape recorder marks a magnetic
tape; as the air ascends in the tropical stratosphere, these marks are effaced
by a combination of vertical diffusion within the tropics and dilution of tropical
air by sideways (isentropic) mixing-in of midlatitude air. We represent these
processes using a one-dimensional advection-diffusion-dilution model, which we
inverse-solve for the vertical profiles of three unknowns (vertical advection velocity,
vertical diffusion coefficient, and dilution rate coefficient) after prescribing the
vertical profiles of time mean methane [CH4] and of amplitude and phase of the
annually varying tape recorder signal in 2{CH,]+[H,0]. When tested on synthetic
data generated by forward solving the same model, the method for inverse solution
proved to be well conditioned and to give accurate results above 18 km. Applying the
method to 5 years of smoothed data from the Halogen Occultation Experiment, we
find a vertical advection velocity with a minimum of about 0.2 mm s~! near 20 km,
and both dilution rate coefficient and vertical diffusion coefficient with remarkably
low minima near 22 km, 1/(6-7 year) and roughly 0.02 m3s~!, respectively. Our
derived profile of vertical advection velocity agrees well, between 18 and 24 km,
with an independent, radiatively derived, mass-budget-constrained transformed
Eulerian mean calculation. Despite the relatively modest values of the diffusion
coefficient, vertical diffusion plays a significant role in attenuating the tape recorder
signal, according to our model. The minimum value of the dilution rate coefficient
corresponds to a relaxation timescale of 6-7 years, much longer than the timescales
found in other studies. The long relaxation timescale at 20-24 km is, however,
consistent with (1) the minimum in vertical velocity, (2) a reduced attenuation rate
in the tape recorder signal, and (3) a decrease, hitherto unremarked, in the tropical

vertical gradient of [CHy] there.

1. Introduction

Profiles of water vapor in the tropical lower strato-
sphere have a vertical structure and time dependence
that are determined, to a first approximation, by the
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ascent of the seasonally varying tropopause-level water
vapor mixing ratio [Mote et al., 1995, 1996; Weinstock
et al., 1995]. The tropical stratosphere thus resembles a
“tape recorder” in that the water vapor content of ris-
ing air is “marked” by the seasonally varying saturation
mixing ratio that it encountered at the tropical tropo-
pause. These marks are slowly effaced as the air rises
but are still discernible at 10 hPa, about 18 months
after the air passed through the tropopause. Mote et
al. (1996] (hereinafter M36) used data primarily from
the Upper Atmosphere Research Satellite (UARS) to
deduce several relevant aspects of the circulation and
thermodynamics of the tropical lower stratosphere: the
mean ascent rate between 100 and 10 hPa, some ef-
fects of the quasi-biennial oscillation (QBQO), some char-
acteristics of tropical troposphere-to-stratosphere mass
transfer, and, for the 100 to 48 hPa and 46 to 10 hPa
lavers, upper bounds on the order of magnitude of ver-
tical diffusion and on that of dilution of tropical air by
sideways (i1sentropic) mixing-in of midlatitude air.
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Plate 1. (top) HALOE tropical Tl and (bottom) its reconstruction from the first two EEOFs.

In this article we refine the work of M96 in three
ways. First, we calculate extended empirical orthog-
onal functions (EEOFs) of the tape recorder signal in
2[CHa)+[H;0]; the first two EEOFs are a conjugate pair
describing a vertically propagating annual cycle. These
two EEOFs and their associated time series are suffi-
cient to reconstruct a smooth time-altitude plot of the
tape recorder signal that is a good likeness of the time-
altitude plot made directly from HALOE data (Plate 1).
Second, by finding the slopes of features (extrema and
zero crossings) on the smooth time-altitude plot (Plate
1b), we derive a vertical profile of the ascent rate w;
of marks on the tape. Third, we obtain improved es-
timates of vertical diffusion and sideways dilution by
fitting the profile of we, and other information in a one-
dimensional (1-D) advection-diffusion-dilution model of
the tropics. More precisely, the model fitting uses not
only we, but also the amplitude of the tape recorder
signal together with the vertical profile of time mean
[CH,). We thus obtain consistent vertical profiles of
the vertical advection velocity w (not necessarily the
same as w;), the vertical diffusion coefficient K, and
the rate or relaxation coefficient o for dilution by mid-
latitude air. The results indicate that in the altitude
range from about 18 to 24 km, wi. 1s close to the vertical
advection velocity w, implying that for those altitudes
the tape recorder signal can be taken at face value as
a good indicator of mean vertical motion. The extrac-
tion of all three vertical profiles w(z), K(z), and a(z)
is a well-conditioned, hence credible, calculation only
because water vapor, with its high information content

concerning the annual cycle, 1s used simultaneously with
a long-lived trace gas, in our case [CH4).

Several other efforts have recently been made to char-
acterize the exchange of air between tropics and mid-
dle latitudes. Some focused on mixing out from the
tropics to middle latitudes by advecting passive tracers
using observed winds [Chen et al., 1994; Waugh 1996,
while others considered 1-D budgets of observed long-
lived trace gases, thus focusing on dilution of tropical
air by mixing in from middle latitudes [Avallone and
Prather, 1996; Minschwaner et al., 1996; Volk et al,
1996). Remsberg and Bhatt [1996] used the zonal vari-
ance of nitric acid to infer the (qualitative) altitude de-
pendence of dilution. In a different approach, Schoe-
berl et al. [1997) related dilution to the phase lag be-
tween water vapor mixing ratios and QBO winds. Hall
and Waugh [1997b] independently derived average lower
stratospheric values for w, K, and 1/a using the tape
recorder signal in 2[CHa]+[H20] and a long-lived trace
gas with a secularly increasing trend (sulfur hexaflu-
oride). Our study differs from those just cited in that
it simultaneously derives vertical velocity, vertical diffu-
sion, and dilution rate coefficient as functions of altitude
between 100 and 10 hPa, leading to a clear picture of
the vertical structure of each of these three quantities.

2. Data

The constituent (CHq and H20) data used in this
paper come from the Halogen Occultation Experiment
(HALOE) aboard UARS. M96 used version 17 data
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ending July 1995; here we use version 18 data be-
tween September 1992 and August 1997. Time series
are formed from monthly means, each comprising all
tropical soundings for che month. We define the trop-
ics as 14°S to 14°N, broad enough to include a greater
number of profiles while still within the well-mixed re-
gion bounded by the subtropical mixing zones. Follow-
ing M96, we use the quantity H=2[CH4]+{H,0], which
has the advantage of being nearly conserved and ho-
mogeneous in the extratropical stratosphere, because
photochemical breakdown of 1 mol of [CH,4] produces
approximately 2 mol of water vapor.

The vertical resolution of the data is the same as in
M96 and is finer than that usually used (e.g., Rande! et
al. (1998]). HALOE level 2 data (where “level” refers
to the level of processing) are available on a 0.3-km grid
and are here interpolated to pressure levels 100.0, 82.5,
68.1,... hPa with a fractional spacing of 10'/1? in pres-
sure. These pressure levels were converted to geopo-
tential height using data from the U.K. Meteorological
Office (UKMO) analyses [Swinbank and O’Neill, 1994],
which form part of the UARS database. The spacing
between HALOE pressure levels ranges from about 1.1
to 1.3 km.

3. Methods

3.1. Extended EOF Analysis

Plate 1a updates Plate 1b of M96 with about 2 more
years of data. While the general sense of rising moist
and dry anomalies is apparent, we wish to isolate the
phenomenon of rising anomalies from other phenom-
ena; to do this it will prove useful to apply a statistical
technique known as extended EOF analysis [ Weare and
Nasstrom, 1982, Wang et al., 1995].

Empirical orthogonal functions can identify coherent
variations in noisy data by finding eigenvectors of the
covariance matrix. In the case of tropical HALOE data,
measurement noise is exacerbated by the sparse sam-
pling that is characteristic of occultation techniques;
EOF analysis can be performed using each month’s pro-
file to yield a clearer picture of vertically coherent varia-
tions. If the covariance matrix is formed by calculating
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Z 1 ] g
< 20k ) 46.4 &
- 4 68.1
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Figure 1. Profiles of time mean ascent rate w; (plain
curve) of the tape recorder signal, and the vertical ve-
locity @~ calculated by Rosenlof {curve with asterisks),
with 1o bars (diamonds for w,., plus symbols for &*).

8653

Table 1. Definitions of Various Vertical Velocities

Term Definition
true vertical velocity!
@ vertical velocity calculated by Rosenlof
Wer ascent rate of marks on the tape
w sw+(K/H)-K,
Wayath like wy: but for synthetic H data

tused in 1-D model

covariance not of a single profile at each time but of sev-
eral profiles at different lag times (in this case between
—6 and +6 months), the resulting “extended EOF anal-
ysis” (EEOF analysis) yields a clearer picture of both
vertically and temporally coherent variations.

We perform EEOF analysis on the HALOE H data
shown in Plate la, yielding a 4-year time series of coef-
ficients since 6 months have been lost at each end. The
first two EEOFs have a strong annual cycle and to-
gether they account for 68% of the variance. The next
two EEOFs vary interannually and explain 17% of the
variance. The coefficients of the first two EEQFs, when
plotted against each other, trace nearly perfect circles
with a period of one year, indicating that they are a
conjugate pair. The coefficients of the next two EEOFs
trace somewhat less than two orbits in 4 years, similar
to the singular value decomposition results shown by
Randel et al. [1998] for [CHy).

With the coefficients of the first two EEOFs, multi-
plied at each time by the zero-lag profile of the EEOFs
(and the missing 6 months at each end filled in by the
EEOFSs at lag £1, =2, ... &£ 6), we construct an altitude-
time plot of H anomalies (Plate 1b). When compared
with the altitude-time plot of HALOE H data (Plate
la), the first two EEOF's produce almost a pure annual
cycle. In the resulting picture, ascending minima and
maxima of H, which are formed at the tropopause, re-
tain their identity from the tropopause to 10 hPa (about
31 km).

From the tape recorder signal (for example, as rep-
resented smoothly in Plate 1b), two quantities can be
deduced directly, both as functions of altitude: Wer, the
ascent rate of marks on the tape, and A, the ampli-
tude of the signal. Both quantities depend on altitude.
In the next subsection we consider A. The quantity
we (Figure 1) was obtained from the data in Plate
1b by following each ascending minimum, maximum,
and zero from level to level on successive time series
plots. Also shown in Figure 1 for later comparison is
a transformed Eulerian mean vertical velocity w" ob-
tained by K. Rosenlof (personal communication, 1996),
updating that of Rosenlof [1995]. (In section 3.2 we dis-
cuss whether we expect w,: and @" to be equal. Table
1 summarizes the definitions of these quantities.)

Rosenlof has recalculated @w" making use of more
UARS data in the radiative calculation, and the agree-
ment between her new " (the curve marked by as-
terisks in Figure 1) and our wee 15 excellent, at least
between 19 and 24 km. The standard deviations are
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calculated for 12 monthly profiles of @, hence reflect-
ing mainly seasonal variation, and are calculated for 20
separate features (extrema or zero-crossings of H) for
wee, hence reflecting both uncertainty in our method of
calculating w,; and possibly seasonal and interannual
variation.

3.2. Definition of Amplitude

Underlying the model-fitting concept to be used here
is the tentative assumption that the pattern seen in
Plate 1 is *typical” in the sense that, if previous or sub-
sequent years were visible, one would see a very similar
pattern, i.e., something like the periodic extension of
Plate 1 in both time directions. To the extent that this
is justified, one can talk about “the annual cycle,” and
by implication its amplitude and phase, with less ambi-
guity than is strictly the case with a record only 5 years
long. With this point in mind, we seek to define the
amplitude and, in section 3.3, the phase.

As was already mentioned, we use H as the basis for
estimating the amplitude A of the tape recorder sig-
nal. Variations in H are due almost solely to the tape
recorder signal, while [H,0] is more strongly affected
by other kinds of variability such as the QBO or the
semiannual oscillation (SAO). Indeed, we find that the
variance of [H,0] exceeds that of H above 25 km. Other
sources of variability that might affect our estimation of
A include the HALOE sampling pattern, instrumental
or retrieval errors, or incursion of the subtropical barrier
into the tropical region (14°S to 14°N). Such variability
can be reduced by the use of EEOFs, since the EEOF
technique identifies coherent variations.

Because of the variation in vertical velocity caused
by the QBO, the temporal variations in H become
slightly distorted, with extrema shifted as much as 2
months away from a perfect 12-month period [M96].
Consequently, taking the mean annual cycle or apply-
ing Fourier analysis at each level independently (as was
done by Randel et al. [1998]) may underestimate the
tropopause-related variance above 20 km or so. Sim-
ilarly, EEOF analysis links variations at different al-
titudes so that the stretching and compressing of the
tape recorder signal by the QBO [M96; Cordero et al.,
1997] would be smeared out a bit, possibly leading to
an underestimate of the variance associated with the
tape recorder signal. In contrast to the mean annual
cycle, however, the coefficients of the first two EEOFs
have a small degree of interannual variability, allowing
-for some QBO effects on the tape recorder signal. We
therefore expect that an amplitude definition based on
EEOF analysis will be more successful than other defi-
nitions in distinguishing between variations originating
at the tropical tropopause and variations arising from
other sources.

With those considerations in mind, we present plots
(Figure 2) of the logarithm of amplitude defined in sev-
eral ways, all but one using H. Since only derivatives
of In A will be needed, the curves have been normalized
by their amplitude at 100 hPa in order to emphasize
their differences. Curve a shows the standard devia-
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Figure 2. Amplitude of the tape recorder signal de-
fined various ways (curves a—e); see text for details.

tion, at each level, of the time series of 3¢ (Plate 1b,
the EEOF reconstruction). Curve b is the annual har-
monic from fast Fourier transform analysis of monthly
mean HALOE data (Plate 1a). Curve c is based not on
HALOE H data but on time series of tropical water va-
por measured by the Microwave Limb Sounder (MLS)
aboard UARS (see M96 for details). Curve dis obtained
by first removing a 12-month running mean from the
data in Plate la, then following individual maxima and
minima upward, and taking the difference between the
average maximum and the average minimum at each
level. Curve e is the standard deviation of the time se-
ries at each level in Plate la (¢(H)). Finally, the solid
curve with plus marks is the peak-to-peak amplitude of
the seasonal cycle, composed of the annual and semian-
nual harmonics of H, as derived by Randel et al. [1998]
for the latitude range 4°S to 4°N on a subset of our
levels. .

By most definitions, the amplitude decreases mono-
tonically with altitude, but all show a region of near-
constant A (a “cliffi”) somewhere between 20 and 25 km.
The total attenuation from 100 to 10 hPa is greatest for
curve a and least for curve e, with curves b—d clustered
near the mean of these two extremes. Our amplitude
curves differ from that of Randel et al. [1998], proba-
bly because the narrow latitude range they chose (4°S -
4°N) results in far fewer good data points (especially at
100 hPa, where noise levels are high) and a less coherent
annual signal.

For calculating first and second derivatives, it will be
useful to have a smooth approximation In f for In A.
As was outlined above, we expect the curve based on
EEOFSs, curve a, to provide the best definition of am-
plitude, and we fit smooth curves f to it and also to
curve d in order to bracket the reasonable range of defi-
nitions of f. The data suggest that vertical attenuation
rates are relatively fast at upper and lower levels of the
domain, and relatively slow in the middle (near 20-23
km). It is not clear, however, how steep the cliff in
the middle should be. One possibility is that the cliff
is spurious. Another possibility is that the cliff is real
and reflects a sharp decrease of attenuation rate in the
middle laver. as might be expected in the lower part of
the QBO for dynamical reasons [see Dunkerton, 1997].
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Figure 3. Profiles of variously smoothed versions of
curves a and d of Figure 2, the smoothing performed
as described in the text. Curve M is the same as the
dash-dotted version of curve a; see text for definition of
M=. Curves have been shifted left for clarity.

We smooth the amplitude curves by first linearly in-
terpolating them to high (approximately 70 m) vertical
resolution, then applying a 1-2-1 filter to the second
derivative 200, 500, or 1000 times, and finally inverting
(integrating twice) to yield a set of curves f (Figure
3) with a range of behavior near the “cliff.” Smoothed
1000 times, the cliff almost disappears in both cases.
The curve labeled M is curve a smoothed 500 tirnes,
while curve M* was obtained by constraining the at-
tenuation rate to a constant above the cliff (for reasons
described in section 3.4). The various curve fits provide
a range of profiles spanning the uncertainty of the origi-
nal estimates of 4, thereby generating a range of values
for w, a, and K.

3.3. One-Dimensional Model for Analysis

In order to derive vertical profiles of a and A,
we assume that to within reasonable noise levels, the
smoothed and meridionally averaged tropical data can
be fitted to solutions of the simple one-dimensional
advection-diffusion-dilution model

X: +wx: = ;l;(pr;)z —e{x—-xm)+S (1)
where x is a tracer mixing ratio, w is the vertical
velocity, K is the vertical diffusion coefficient, p =
poexp(—z/H) is the mean density profile with & = 7
km, a is the dilution rate, xuq is the midlatitude value
of x, and S is a chemical source-sink term (of the form
—vx for [CHy), 0 for H). Partial derivatives with respect
to time ¢ and height z are indicated by subscripts.

Implicit in this model are several assumptions. (1)
Tropical air is horizontally homogeneous within well-
defined latitude limits (here, 14°N to 14°S) and is dis-
tinct, though not completely isolated, from midlatitude
air. (2) The same values of w, K, and a apply to both
[CHa] and H (see Thuburn and McIntyre (1997], for a
discussion of this assumption). (3) As is commonly done
[e.g., M96; Volk et al., 1996], we assume dilution by mid-
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latitude air on a given level to be a linear relaxation
process in which tropical air tends toward the midlati-
tude mixing ratio ymp with relaxation rate o and with
zero phase lag. In fact, the seasonal cycle of water vapor
(hence H) in the lower stratosphere (below 20 km) at
middle latitudes is strongly influenced by the tropical
seasonal cycle, presumably by mixing out, with a phase
lag of 2 month or two [e.g., Mastenbrook and Oltmans,
1983; Rosenlof et al., 1997]. This means that especially
below 20 km the assumption of uniform extratropical H
fails, and dilution is a much more complex process than
1S assumed here.
With these caveats in mind, we first rewrite (1) as

Xe +Wx: = Kxz: —a(x = xmp) + S (2)

where
w=Ew+(K/H)- K. (3)

arises when we expand the diffusion term in (1). Note
that @ does not have a physical meaning but is intro-
duced for mathematical convenience. Some of the ad-
vective effects of diffusion are represented in w; later we
compare the variants of w listed in Table 1.

One usually solves differential equations like (2) for
the dependent variable, in this case X, but we want to
find the three unknowns w, X, and a, through a process
that could be called “inverse solving.” There are a few
possible methods for inverse solving (2) for the three
unknowns. After testing these methods on synthetic
data that were constructed (as is explained in the next
section) from known profiles of @, K, and a, we chose
one method that is both accurate and concise. (Another
method, involving WKBJ or slow modulation theory, is
outlined in Appendix A and will prove useful in sections
3.4 and 3.5.) Our method makes use of information
about [CH4] and H; specifically, we represent H anoma-
lies by the functional form x = Ref(:) exp(i(a(z) —wt)],
where f(z) and ¢(z) are real and are determined from H
data and where the midlatitude value of H is assumned to
be spatiaily and temporally constant at the mean value
of the tropical H. Applying (2) to time mean [CH,] and
to the functional form of H given above yields a set of
three equations in three unknowns:

a ((CHs] = [CHa]mr) + @ [CH4]. — K [CH,)..

= —v[CH,] (4a)
a+0(Inf); +K (m*~f../f) = 0 (4b)
wm+ K (-2m(la f);, ~m,) = w (4c)

where m = @4,. At each vertical grid point we solve
{42)~(d4c) simultaneously for a, ¥, and K. This method
is well-conditioned if the determinant is non singular,
but well-conditionedness is no guarantee that the three
quantities will be positive everywhere or have smooth
profiles.

The input data needed are time mean profiles of
(CH4] in the tropics and in middle latitudes, and pro-
files of v, f, and m. The [CH,) profiles are taken from
the climatology of Randel et al. [1993] using equiva-
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lent latitude limits of 30°-34° in both hemispheres for
[CHa]mv; these limits were chosen to match the “surf
zone” (see their Figure T), where midlatitude values of
trace constituents have only weak meridional gradients.
The chemical reaction rates -y are taken from the 2 !/»-
dimensional model of Kinnersley (1995]. The previous
subsection described how we arrived at the smooth pro-
files f.

We have not yet defined ¢, the vertical phase func-
tion from which m will be defined. It is possible, in
principle, to derive ¢ directly from the HALOE data
in Plate 1 and then differentiate to give m. We chose
instead to derive m from the velocity w,. already plot-
ted in Figure 1; as is indicated in equation (B2), fea-
tures of x such as zero crossings rise at a rate equal
to wee. In this context, attenuation does not affect the
phase ¢, so it is appropriate to consider the expression
x(z,t) = cos(é(z)—wt), where w is the annual frequency
and ¢ is the phase. Differentiating x first with respect
to z and then with respect to t and applying (B2) yields
the relation

MWy, =W (3)
so that m is defined in terms of wy.. The profile of

m (not shown) has the shape one would expect for the
reciprocal of wyr, with a maximum at about 20 km.

3.4. Some Approximate Answers

In the discussion that follows, it will be useful to have
rough estimates of the quantities to be calculated, as
well as plausible ranges of values. It is possible to de-
termine a directly from (CHs] data by taking the time
mean of (2) and neglecting the diffusion term:

wx: +7X
XML ~ X

a=anm (6)
with x=[CH4]. The profile of am is the solid curve in
Figure 4a.

Some idea of extreme values of @ and K can be esti-
mated using the WKBJ approach set out in Appendix
A. More accurate calculations based on (4a)-(4c) will
check these estimates. The zeroth-order WKBJ equa-
tion is similar to (A5), but with @ instead of w, while
the first-order equation (A6) is

~@(nf), = Km?* +a (7)

which illustrates the simple relationship between the
two observables, @ and f, and the two agents of atten-
uation, K and «.

From this equation alone, K and a cannot be uniquely
determined, but we can estimate limiting values. We as-
sume that @ & w;, and alternatelyset K = 0anda =0
to derive, respectively, the largest o (@max) 2nd the
largest K (R max) that are consistent with the observed
attenuation of the smooth tape recorder amplitude f
under the WKBJ assumption. Also, with @ = an In
(AB), a profile of K (Am) can be derived that is consis-
tent with an. That is,

—&(n f): = Kmaxm® = Qmax = Kem®+aon (8)

a: dilution rate
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Figure 4. (a) Profiles of an (solid) and amax {dashed)
for curves M and M*" (the latter marked by plus sym-
bols), (b) As in Figure 4a but for Ap and Knax,
(c) As in Figure 4a but for 7y = 1/am (solid) and
Tmin = 1/@max (dashed).

Figure 4 shows profiles of @max, @m, Kmax; and Kn.
(For In f we have used the curves M and M" in Fig-
ure 3, and solutions using f = M" are indicated by
plus symbols.) The profiles in Figure 4a of am (solid
curve) and amay (dashed curves) both have a minimum
of about 0.01-0.02 x 10-%s~! at 22 km, with values
increasing toward the tropopause. Kmax (Figure 4b,
dashed curves) has a minimum of about 0.02 m3s~!
also at 22 km and reaches much larger values near the
tropopause. Where an, exceeds amax, Am (solid curves)
is negative; this occurs below 17 km and above 29 km
(for M).

Solving (8) for the seven profiles of f shown in Fig-
ure 3, we find (results not shown) that omax above 13
km always lies between 0.01 and 0.07 x 107%™ and
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is sometimes smaller than an (implying that K < 0)
above 27 km. Both amax and A'max have a minimum
near 22 km. since {from {A6)) they vary as the prod-
uct of the fractional attenuation rate and a power (1
for amax, 3 for Amax) of w. Curves fitted to curve d
in Figure 2 tended to have smaller values of Qmax and
Kmax above 24 km than did those fitted to curve a. The
profiles of oy and A, for M* were the most plausible,
with am remaining fairly constant and K positive ev-
erywhere above 18 km. This is a consequence of fixing
the attenuation rate to a constant above the cliff.

Most other researchers investigating the dilution of
tropical air by midlatitude air {e.g., Volk et al., 1996]
have discussed, instead of the dilution rate a, the di-
lution timescale » = 1/a. This quantity is shown in
Figure 4c for the three profiles of « in Figure 4a. The
minimum timescale (dashed curves, corresponding to
maximum a) is about 3-15 months above 24 km and
has a sharp peak of nearly 2 years at 22 km.

We emphasize that the curves shown in Figure 4 are
not our best estimates of these quantities. The dashed
curves represent extreme cases, under the WKBJ as-
sumption, where only one of the two processes (dilution
and diffusion) operates. In reality, 0 < K < Knax and
0 < a < amax. At each altitude there is (in the full solu-
tion) a unique combination of K and a consistent with
the observed attenuation. Before solving (4a)-(4c) (the
full, non-WKBJ set) to determine that unique combi-
nation, we first test the method using synthetic data.

3.5. Generation of Synthetic Data

We generate synthetic [CHs] and H data using vari-
ous profiles of w, K, and «a to solve (2). We can then
inverse solve the synthetic data to derive profiles of w,
K, and o, and compare these with the input profiles.
This provides a complete, end-to-end check on the for-
ward and inverse methods and codes, as well as a check
that the inverse method, to be used on smoothed real
data, is well conditioned and robust.

The simple model used to generate the synthetic data,
then, is a discretized form of (2) and is run five times,
using the five combinations of X and a given in Table 2.

The profile of w used in each case is simply w,. from
Figure 1, but because equation (2) uses @ instead of w,
and @ depends on A" (see equation (3)), w is slightly

Table 2. Profiles of A and a

. Used to Generate Syn-
thetic Data

Combination

1 2 3 4 3
K 0 0 Kn® Kmax Kmax
o am Xmax am Q Om

See text for definitions, and Figure 3 for profiles, of
Kmax, Ko, am, and amax.
“The profile of /' shown in Figure 4b was modified below
about 17.5 km to increase monatonically to a value of 0.1
m2s~! at 100 hPa.
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Figure 5. Time mean [CH,] in the tropics as observed
by HALOE (solid curve) and as simulated by 1-D model
for two values of the diffusion coefficient K: K = 0
(dashed curve) and K = Kpax (dash-dot curve).

different in each case. Advection is accomplished using
essentially a semi-Lagrangian method, with the other
terms time-split and semi-implicit; vertical resolution is
quite fine (50 m), as is temporal resolution (0.3 day).
To prevent error growth, the second derivative is eval-
uated on a reduced grid whose vertical resolution ap-
proximates that of the original HALOE data; then the
result is interpolated to the 30 m grid. The chemical
loss rate v for [CHy4] is again taken from the model of
Kinnersley [1995].

The time mean [CH,) profile is calculated by inte-
grating the model to steady state. The lower bound-
ary value and midlatitude profiles are time mean values
from Randel et al. [1998]. For H the lower bound-
ary varies sinusoidally with a minimumin mid-February
and an amplitude of 1. Both S (chemical source-sink)
and xumr, are zero. The model is integrated for 4 vears,
and only the last year of data is used in the subsequent
calculation.

Figure 3 shows profiles of both time mean observed
and steady state synthetic (CHa4). The synthetic profiles
were both obtained using o = an,, one with X = 0 and
one with K = Knay (see Figure 4b). Over most of the
domain, the synthetic profile with & = 0 falls within
0.01 ppmv of the observed profile. For K = Kmax,
however, differences are larger owing to the advective
effect of —K, (equation (3)), which for Kmay is large
below 21 km. )

We also calculated time-varying H for the five com-
binations of A" and o shown in Table 2. With each of
the combinations of K and «, the resulting H (Plate
2) qualitatively resembles Plate 1b. What distinguishes
them is the rate of attenuation, which we will examine
shortly, and the apparent ascent rate. In our 1-D model
we can unambiguously identify the model’s advective
velocity (@, which includes diffusive effects) with the
phase speed; in the real atmosphere the two quanti-
ties are not generally equal, though the tropical strato-
sphere is the only region where they are close [Hall and
Waugh, 1997a]. The transit time from 100 hPa to 10
hPa of a (temporal) maximum or minimum decreases
with increasing A", from 18.1 months for K = 0 to 17.1
months for ' = A, to 16.0 months for &' = Rnax-
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Plate 2. H anomalies simulated by 1-D model for the five combinations of K and « given in

Table 2.

The transit time estimated from HALOE data is 18.6
months. Note that in our 1-D model we have used
W = we+ (K/H)— K, 50 the faster ascent for nonzero
K is to be expected. The transit time also depends
weakly on a, differing by 14 days between combina-
tions 4 (o = 0) and 5 (a = am) but only by 1.5 days
between combinations 1 (@ = am) and 2 (@ = Qrmax)-
The input profiles of K and o determine not just the
ascent rate but also the amplitude of H anomalies (Fig-
ure 6). Combination 2 reproduces the observed profile

M?* fairly well. Combinations 2 and 4 represent (from

(AB)) the extreme cases of no diffusion and no dilution,
respectively, and since from (8) combinations 2, 3, and
4 all have the same profile of Km? +a, they would pro-
duce the same attenuation were it not for the fact that
@ is different for each one. For those combinations with
K # 0 (3, 4, and 5) the ascent rate is quite fast in the
lowest few kilometers of the stratosphere owing to the
influence of diffusion; consequently, the tropical air has
less time to be modified by diffusion and dilution, so
there is less attenuation of the tape recorder signal at a
given altitude.
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Figure 6. Amplitude of H anomalies simulated by 1-
D model (broken curves). The solid curve is M~ from
Figure 3, representing observations.

4. Results

4.1. Deducing Known Profiles of w, K, and «
From Synthetic Data

In order to test our method of inverse-solving for K
and o on the synthetic data, we must first determine
m. This is done by calculating an ascent rate wsynen for
each of the synthetic H time series, in a manner similar
to that used to derive wy,. Using the profile of wyynen for
each combination, we calculate a corresponding profile
of m for inverse solving equations (4a)~(4c).

For each of the five combinations of K and @ in Table
2, we sample the synthetic data at vertical resolutions
ranging from 1.2 km (similar to HALOE data) to the
50 m grid of the synthetic data, interpolate back to the
50 m grid, then inverse-solve (4a)-(4c) at 50 m resolu-
tion. As is shown in Figure 7 for combination 3 sampled
at 1.2 km resolution, and for the other combinations
and sampling resolutions (not shown), our method is
fairly successful at recovering the input profiles of w
(=@ - (K/H) + K:, from equation (3)), o, and K, at
least between 18 and 28 km. Below 18 km the solu-
tion often differs substantially from the input values, a
problem that is exacerbated at higher resolution. The
problems below 18 km occur because the determinant
of the matrix arising from (4a)-(4c) is small. In the
high-resolution calculation, RMS errors (over the five
combinations) between 18 and 28 km are small: 0.01-
0.03 mms™~! for w, 1-7x10~%s~! for o, and 0.003-0.03
m2s~! for K. This method is clearly well suited for our
purposes.

4.2. Deducing K and a From HALOE Data

With some confidence that our method will give good
results above 18 km, we apply it to each of the seven
smooth amplitude curves shown in Figure 3. We use the
observed (CH4] profile in Figure 5 and other input data
as described in section 3.3. As with synthetic data, the
HALOE data are interpolated to a 30 m vertical grid

for calculations, then subsampled on a 1.2-km vertical
grid for plotting. The results are shown in Figure 3.
In each panel the mean is shown as the solid curve,
bounded by #lo, where ¢ is calculated over the six
smooth curves (not including M*). The derived profile
of w is very similar to w.. (long-dashed curve) but is
somewhat lower above 24 km.

All seven definitions of f yield results for o that are
substantially similar to each other and to ag (Fig-
ure 3b), for reasons that will be discussed shortly.

a: vertical velocity
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Figure 7. End-to-end consistency check by forward
solving and then inverse solving equation (1). Dashed
curves are the profiles used for forward solution and
are, respectively, the same as (for w in Figure 7a2) the
plain solid curve in Figure 1, (for a in Figure Tb) the
solid curve in Figure 4a, and (for K in Figure 7c) the
solid curve with plus symbols in Figure 4b, modified as
noted in Table 2. Solid curves in this figure are profiles
derived from inverse solving. Differences give an idea of
the effects of numerical truncation error.
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(a) w, (b) a, (c) 7 = 1/a, and (d) K calculated by inverse solving the 1-D

model with HALOE data, using equations (4). In each panel the mean of six solutions using the
six broken curves in Figure 3 is shown as the solid curve, bounded by £1lo. Also plotted are the
results when f = M* (diamonds). The calculation is performed on a 50-m grid, but the results
are plotted on HALOE levels. Long-dashed curves in Figures 8a, 8b, and 8c represent wr, @m,
and 1/agq, respectively. The solution for K (with f = M~) has been extended to 100 hPa as is

discussed in section 3.2.

The minimum values are less than 1.0 x 10~%s~!, and
a < 4.0 x 1078~ everywhere above 18 km. The recip-
rocal of a,  (Figure 8¢), indicates far longer timescales
than in previous research, for reasons that we discuss
in section 5.4. At this point it is sufficient to note that
the range of values above 18 km is 1.5-7 years, much
longer than the advective timescale.

Profiles of K are reasonably consistent for all seven
curves between 18 and 25 km, but differ markedly from
each other above and below this altitude range. For
most definitions of f, K decreases again above 24 km
and for many, K becomes negative at some altitude.
The profiles with f = M~ and with curve a smoothed
1000 times are the only ones for which K > 0 every-
where above 18 km. Below 18 km, most profiles are
negative. The tentative extension of the solution to 100
hPa will be explained in section 5.2.

It is worth noting that a conceptually simpler ap-
proach, the WKBJ method outlined in Appendix A,
yields very similar results. In essence, the WKBJ
method says that w = we, @ = am (from equation
(6)), and K = Km. That is, (CH,] tells us about di-
lution, and the role of diffusion can be deduced from
the excess attenuation of the H anomalies above that
expected from dilution alone.

5. Discussion and Conclusions

The ability of the first pair of EEOFs to reproduce
the essential features of the tape recorder signal (Plate
1) underscores the simplicity of the phenomenon; marks
left in the air by annual variations of tropopause tem-
perature are the dominant variation in tropical water
vapor below 10 hPa. The somewhat ragged HALOE
data are smoothed nicely by EEOFs, allowing us to
estimate directly the ascent rate of the tape recorder
signal, wy,. Knowing K allowed us to extract a profile
of w (Figure 8a) from w.

Having simultaneously derived profiles of the three
quantities w, a, and K, we now consider in more detail
the assumptions and weaknesses in the calculation. We
also discuss the implications of our findings and com-
pare them to those of other researchers.

5.1. Comments on the Method of Deriving K
and o

Several aspects of the calculation bear consideration:
the reliability of the data, our definition of tape recorder
amplitude, the curve-fitting techniques used, the appro-
priateness of equation (1), and our numerical approach
to finding K and o (equations (4a)-(4c)).
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The papers validating HALOE H,0 [Harres st al.,
1996] and CH, [Park et al., 1996] provide estimates of
the systematic and random errors of these two quan-
tities (their Tables 1). The errors grow with pressure
in the lower stratosphere; for example, the root-sum-
square of all sources of error for CH, is 11% at 10 hPa
and 19% at 100 hPa. While the larger errors at 100 hPa
may affect our results, we believe this effect is minimal
for several reasons. First, the error tables refer to in-
dividual profiles, but we have used monthly means; for
large numbers of profiles (usually 50 or more) the ran-
dom errors average to zero, leaving systematic errors
at 100 hPa of 15% for CH4 and 24% for H,O. Sec-
ond, H data enter the solution mainly through (In f);.
The only systematic errors that could have a signifi-
cant effect on (In f), are those with a seasonal, altitude-
dependent bias; a uniform positive or negative bias at
any level would have no effect on f at that level, nor
would a seasonal bias that was independent of altitude.
While it is possible that a seasonal, altitude-dependent
bias exists, it would probably not be the largest com-
ponent of the systematic errors. A known bias exists
in the lower stratosphere between profiles taken dur-
ing sunrise and those taken during sunset, but over the
5 years there is no seasonal bias between sunrise and
sunset profiles. Finally, one can estimate the seasonal
variations in H at 100 hPa using observed 100 hPa tem-
peratures to calculate saturation mixing ratios [M96];
these place an upper bound of about 3 ppmv on the
amplitude, compared to 1.1-1.5 ppmv using the various
definitions employed here. If we have underestimated
the amplitude, that would merely serve to increase o
and K below 18 km, where they are already large and
perhaps unreliable.

A potential weakness of our calculation is the actual
definition of the amplitude of the tape recorder signal.
As is discussed in section 3.2, this definition should dis-
tinguish variations whose source is the tropical tropo-
pause from all other variations. Furthermore, since a
and K must be positive, and since wy. is observed to
be positive, by (A6) the smoothed amplitude profile f
must be monotonically decreasing with altitude. In our
opinion, the definition using EEOFs (curve g in Fig-
ure 2) is the best one because the variations seen in
Plate 1b are cleariy linked to the tropopause. By some
other definitions the amplitude decreases less quickly
with altitude above 24 km, but these other definitions
are more susceptible to variations attributable to other
causes as discussed in section 3.2. Only two curves, one
of them M~ lead to positive K above 28 km, and it
seemns reasonable to conclude that the other curves are
not decreasing fast enough above 28 km.

The next point of concern is the curve fitting. For a
model like (1) to succeed, smoothing must be performed
on the profiles of w;, and especially the amplitude 4.
We have attempted to bracket the range of plausible
curves by using two definitions of amplitude and three
degrees of smoothing.

One might well ask whether the 1-D model repre-
sented in equation (1) accurately depicts the dynam-
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ics of the tropical stratosphere. Perhaps the greatest
weakness in the model is the treatment of dilution as a
linear relaxation process, especially below 20 km, where
the tropics and middle latitudes are influenced by the
swirl of monsoonal and other three-dimensional circu-
lations protruding from the troposphere [Dunkerton,
1995]. Vertical diffusion too has more complex charac-
teristics below 20 km. For these reasons and because of
the poorer performance of the inverse solving method
below 18 km even with “perfect” data (Figure T), we
have little confidence in our results below 18 km, espe-
cially for X.

Finally, we discuss our approach to inverse solving
(2). Our method tests well on synthetic data except
below about 18 km. It gives a definite result at every
altitude, but with HALOE data at upper and lower lev-
els it tends to give small or negative K except for the
best profile M*. Note that by assuming that tempo-
rally constant profiles of w,, @, and K apply to both
(CH,] and H, we ignore covariance terms like w’x’, leav-
ing just [w]{x:] (where {w] represents a time mean and
w’ is a departure from that mean) and similar terms.
Seasonal variations in wy [see Rosenlof, 1993], a (see
Bowman and Hu, 1997}, and K appearing in covariance
terms would be interesting, but their calculation is be-
yond the scope of this work.

5.2. Vertical Velocity

A preliminary version of our Figure 1 was presented
by Dunkerton [1997], who compared a profile of wi; de-
rived from the (shorter, version 17) data used by M96
with the radiatively derived transformed Eulerian mean
vertical velocity w" of Rosenlof [1995] (which constrains
the global vertical mass flux to zero); both showed a
minimum ascent rate of about 0.2 mm s~! at about 21
km. Eluszkiewics et al. {1997] have also calculated @,
and a profile formed by averaging five of their profiles
calculated using different inputs (not shown) generally
falls within the error bars of the two curves in Figure 1
but has less vertical variation.

We now discuss the significance of similarities and dif-
ferences among the quantities w, @*, w,r, and & (Table
1). In principle, w* should be the same as the vertical
advection velocity w. We consider two questions: (1)
whether we, calculated mathematically with (B3) using
the results of our inverse-solving method (w and R)
agrees with w;, found using Plate 1b and (2) the impli-
cations of the differences between w.. and @w" above 24
km and below 18 km.

To address the first question, we calculate the terms
in the definitions of @ (equation (3)) and w:. (equa-
tion B4) and plot the results in Figure 9. For A we
have used the profile indicated by diamonds in Figure
8d, extended to 0.1 m3?s~! at 100 hPa as indicated, for
reasons that will shortly become clear. The vertical ad-
vection velocity w is shown as the solid curve; of all
the curves, it has the smallest variation, being gener-
ally near 0.3 mm s~ !, but like the others it has a pro-
nounced minimum at 20 km. Figure 9 implies that the
true advection velocity is slower than the ascent rate of
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Figure 9. Plots of w = w — (K/H) + K., @, @ —
(K/H), we as predicted by approximate formula (B4),
and we, as originally estimated from Plate 1b. Solutions
correspond to f = M™, the case shown by diamonds in
Figure 8. See text for details.

marks on the tape (w:.) and that this difference is due
to diffusion. The K/H term (dotted curve) amounts
to no more than 10% of w. The profile of w;. derived
mathematically from (B4) (dash-dot curve) is virtually
identical to wy, itself (diamonds), which is an encourag-
ing demonstration of the consistency of w, K, and the
derivatives used in calculating the approximation 1/A
in (BS).

To address the second question, we consider first the
differences above 24 km, where w" is significantly larger
than w., which in turn is larger than w. Assuming for
the moment that our estimate of K is inaccurate and
also that w" = w, (B4) could explain the difference
only if X were large and negative, or K; were large and
positive, because the A terms compete with the — X,
term. Because of this competition, only absurdly large
values of A could explain the difference between @™ and
wer. 1t therefore seems that w® # w; either our estimate
of wy. is too small, or Rosenlof’s @" is too large. We
note that Eluskiewicz’s estimates of w" are also smaller
than Rosenlof’s, generally 0.3-0.4 mm s~! and that a
significantly larger w, and hence wr;, would mean that
(for plausible values of A') H anomalies would arrive at
10 hPa much faster than is observed.

Below 18 km our results generally suggest an increase
of @, a, and K approaching the tropopause, but the
uncertainty of K is relatively large, and more than one
interpretation is possible. On the one hand, if @ 1s
qualitatively correct in this region, then a rapidly de-
creasing K might be responsible for the difference of
about 0.2 mm s~! between @" and w. Such a profile
of K would be expected if vertical mixing were enhanced
in a shallow layer owing to overshooting deep convec-
tion, as well as the local breaking of slow Kelvin and
gravity waves launched by convective systems. Assum-
ing a linear profile of K between 100 hPa and 33 hPa
(as indicated by the dotted line in Figure 3d), it turns
out that K = 0.Im%~! at 100 hPa will produce the
difference of 0.2 mm s~ ! between w and w;..

On the other hand, if w,. ~ w, i.e., increasing rapidly
approaching the tropopause (as in Dunkerton’s [1997]
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model of the QBO, for example) then A at 100 hPa
must be much smaller and something must be missing
from Rosenlof’s radiative model, such that the actual
diabatic heating rates are significantly larger at, and
just above, the tropopause. One possibility is that heat-
ing associated with subvisible cirrus [Wang et al., 1996],
not included in Rosenlof’s calculation, contributes to
enhanced ascent in this layer.

Another explanation of the observed tape signal near
the tropopause is that the “recording head,” in reality,
has a finite depth due to spatial and temporal variations
of tropopause altitude, so that the source of the H signal
is somewhat fuzzy, giving the appearance of enhanced
apparent ascent. To be sure, the observed vertical dis-
placements of tropopause altitude occupy a significant
fraction of the layer in which enhanced ascent is ob-
served, and might therefore account, to some extent, for
the observed signal. Nevertheless, none of the physical
mechanisms described in the previous paragraph can
be readily dismissed, and they merit further study. For
example, knowledge of the population of overshooting
convection, along the lines discussed by Zhang [1993],
could (in principle) be used to model K(z) for com-
parison to derived estimates. Similar models of diffu-
sivity might be obtained from examination of breaking
waves in long records of aircraft and rawinsonde data.
A more thorough examination of these mechanisms will
improve our understanding of stratosphere-troposphere
exchange, dehydration, and radiative balance.

5.3. Diffusion

The derived profile of R has a minimum of about 0.02
m3s~! near 21 km; between 18 and 24 km, the values of
K are similar for all definitions of f. Below 18 km the
values of K are unreliable but probably increase down-
ward. Above 24 km our results suggest a value of K
around 0.1 m?s~!. These values are somewhat greater
than the value of 0.01 m?s~! Hall and Waugh [1997b]
derived for the layer between the 100- and 31.6-hPa
HALOE levels, but they used Rande! et al.’s [1998] def-
inition of amplitude {plus symbols in Figure 2), which
has smaller vertical derivative. Qur values of A are
somewhat less than the 0.07 m2s~! derived by Remsberg
(1980] for 19°N, and are considerably less than the 1-7
m2s=1 derived by Patra and Lal [1997] for 18°N, but the
latter authors neglected vertical advection. The profiles
of K that they showed, from their work and from several
papers in the 1970s and 1980s, were otherwise qualita-
tively similar to ours, with 2 minimum around 19-21
km, sharp increases toward the tropopause, and slow
increases up to 30 km.

Above 24 km the uncertainty in our derived K is
large and depends sensitively on the definition of the
amplitude curve f. For most curves f in Figure 3, A
becomes negative at some altitude. Only for f = M~
and a highly-smoothed curve a does K remain positive.

The diffusion coefficient included in (1) represents the
effects of a number of processes. These include small-
scale processes such as turbulence due to gravity-wave
breaking, but also larger-scale processes such as the di-



MOTE ET AL.: TROPICAL ASCENT, DIFFUSION, AND DILUTION 8663

abatic dispersion discussed by Sparfing et al. [1997]. In
the tropical context the latter is likely to arise from the
fact that as air parcels move longitudinally they experi-
ence different histories of radiative heating, due to the
temporal and spatial variation of the heating field. Such
variations may occur on the largest scales, e.g., in as-
sociation with the warm pool region, or on mesoscales,
e.g., in association with radiative effects of cirrus decks
associated with individual convective systems.

5.4. Dilution

Unlike K, a is not very sensitive to the definition of
f. All curves have a minimum of about 3 x 10~3 s~!,
somewhat smaller than for ay (Figure 4b). Above 24
km, a is close to 2 x 10~8 and values are much larger
below 18 km. The small values of a between 18 and 24
km approach the zero-dilution limit of Plumbd’s [1996]
“tropical pipe” model.

The reciprocal of @ () is the timescale for dilution
by midlatitude air, and has a maximum at about 22
km (Figures 4c and 8c). Our maximum value of = (80
months) is, however, extremely large compared to the
values reported by M36 (15~18 months between 46 and
22 hPa), Minschwaner et al. [1996] (maximum 12-16
months), Volk et al. [1996] (13.3 months between 16 and
21 km), Schoeber! et al. {1997] (18 months between 20
and 28 km), Hall and Waugh [1997b] (16 months betwen
100 and 32 hPa), and Randel et al. {1998] (15 months
between 68 and 32 hPa). While some previous studies
(Hitchman et al., 1994; Minschwaner et al., 1996; M96;
Remsberg and Bhatt, 1996] have suggested that there is
an altitude range where air is more isolated from middle
latitudes, our results indicate a much greater degree of
isolation than other studies.

To understand why this is so, we mention a few rel-
evant observations. First, the profiles of & and = give
different impressions; o contrasts the rapidity of dilu-
tion below about 18 km with the slowness above 18
km, while + emphasizes the very long timescale over
the 20-24 km altitude range. Coarser resolution of
would diminish the maximum; in fact, over the 20-28
km altitude range of Schoeber! et al. [1997], the recip-
rocal of our average « is 33 months. Second, since most
other estimates of the dilution rate have neglected the
role of diffusion, their estimates of = should be viewed
as lower limits, and indeed, when we neglect diffusion
(Figure 4c), our profile of 7 resembles that of other
studies. Third, other studies have generally assumed
a vertical velocity profile that is constant with altitude,
but when the vertical velocity profile has a minimum
(as does w;), the timescale for dilution necessarily in-
creases at the altitude of the velocity minimum.

Fourth, other studies have not shown the cliff, that is,
the sharp reduction in the vertical gradient of [CH4] and
H from HALOE and of [H,O] from MLS between about
20 and 23 km (Figures 2 and 3}. We raised the possi-
bility earlier that the cliff is spurious. However, it ap-
pears consistently not just in the quantities mentioned
but also in HALOE HF [e.g., Cordero et al., 1997 and
CLAES CH,; and N20O [Roche et al.,, 1996]. The cliff

occurs just at the flight ceiling of the ER-2 research
aircraft (about 21 km).

This cliff, together with the minimum in vertical ve-
locity, gives rise to much smaller values of «, hence
larger values of ~. The actual values of - are so much
longer than the timescale for vertical advection as to be
practically infinite (i.e., the transport barrier between
tropics and middle latitudes is almost perfect) at these
levels.

5.5. Final remarks

Using the WKBJ approach (equation (A6)) and con-
sidering only the attenuation rate of the tape recorder
signal in H, we derived profiles of the maximum dilution
rate amax and of the maximum vertical diffusion Kmax
for the extreme scenarios where (respectively) K = 0
and o = 0. We can use apax and Kmax, along with our
derived profiles of A and ¢, to estimate the fractional
attenuation due to dilution, a/amax, and the fractional
attenuation  due to vertical diffusion, K/Kmax. In
Figure 10 we show these quantities for f = A and
f = M=. For virtually all the curve fits, the resuits
resemble those for f = M: dilution dominates below
18 km, diffusion dominates between 18 and 28 km, and
dilution again dominates above 28 km. For our “best”
curve fit f = M=", however, diffusion dominates over
nearly the entire stratosphere.

QOur analysis therefore shows that despite the fairly
small values of K (as low as 0.02 m?s™!) in the altitude
range 18-28 km, vertical diffusion plays a significant
role in attenuating the tape signal. From Figure 6, even
modest values of A can make a significant difference in
the net attenuation at 10 hPa (compare curves (1) and
(3)-  While these values of K will have little impact
on the budget of a monotonically varying constituent
like [CH4), it is clear that one cannot neglect diffusion
when considering a constituent whose second derivative
is large, like water vapor or perhaps {at some altitudes)
ozone. Improvements to 1-D models like those of Aval-
lone and Prather [1996] ot Patra and Lal [1997] would
include all of the processes represented in equation (1.

The results presented here suggest that the tropical
air column can be divided into three regions. Below
about 18 km, a and w,. are comparatively large. and
diffusion is probably large there as well. Holton et al.
[1995] and Rosenlof et al. [1997] distinguished this re-
gion from the stratospheric “overworld,” and it falls un-
der the direct influence of tropospheric circulations, as
was noted in section 5.2. When the air rises to the
second region, about 19 km, it finds itself extremely
isolated from middle latitudes up to about 23 km, and
this isolated air rises very slowly (it takes 6 months to
travel those 4 km). In this region, dilution is so weak
that the amplitude of H anomalies is approximately con-
stant with altitude (Figure 2), and [CH,] decreases a:
a markedly reduced rate (Figure 3); what loss of {CHy;
occurs there can be attributed mostly to photochem-
istry. Also, although A too has a minimum there. 1t
appears to be largely responsible for the weak attenu-
ation that does occur (Figure 10). This extreme iso-
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Figure 10. Fraction of attenuation of the observed
H signal due to diffusion (dashed curve) and dilution
(solid curve) for f = M and f = M" {‘+’ symbols).
Curves do not quite add to 1 because results are shown
as the ratio of the full solution to the maximum allowed
with the WKBJ approximation.

lation is consistent with the remarkably long duration
of QBO westerlies below 23 km. When the air reaches
the third region, above 23 km, o, K, and wy. are again
larger, and the air again feels the influence of middle
latitudes. In contrast to the region below 18 km, where
the swirl of tropospheric circulations is responsible for
dilution, the agents of dilution above 23 km are prob-
ably Rossby waves propagating from middle latitudes
[0’Sullivan and Dunkerton, 1997}.

Appendix A: WKBJ Solution:
Advection-Diffusion-Dilution Equation

For the purposes of section 3.4 and elsewhere, we con-
sider approximate solutions to (2) applied to H, so that
S = 0. Regarding the tape signal as a slowly modulated
sinusoid, so that WKBJ (Wem.zel-Kramers—Brillouin—
Jeffreys) theory will be applicable, we assume a solution
of the form x(z,t) = ReA(Z) expli(s(z) — wt)], where
Z = pz is a slow height variable, A(Z) is a slowly vary-
ing amplitude, and ¢ is now defined by ¢. = m(Z), so
that m, though not ¢, is assumed slowly varying. As
in section 3.3, we may take both A and ¢ to be real;
note that apart from restricting it to be a function of Z
alone, hence slowly varying, A is the same as the flz)
of section 3.3. Defining b= #(z) —wt, we have

x: = Re {(pA’ + tmA) exp up} (Ala)

x:: = Re {(pzA" + 2imuA’
+im'pA — m2A)exp ié} (Alb)

where primes denote differentiation with respect to Z,
so that (2) with S = 0 becomes

—iwA +w(pd +imd) =
K(p?a” + 2impd’ +im'pd - m*A) —ad  (A2)

Forward solution of this equation when & and A are

prescribed functions of Z alone proceeds with an ex-
pansion of 4 in powers of u:

A=Adg+pd +ulda = (A3)
so that at zeroth order in u,
- iwAg + imwAdg = —(Km® + a)de. (A4)

For real m it will be assumed that Km?/w and a/w are
O(p) whence

mo =w (A3)

This is the approximate WKBJ counterpart, at this or-
der, of the exact relation (3). In general, the three terms
of & = w+ (K/H) — uK' contribute to the apparent
upwelling, including terms involving K, but under the
WKBJ approximation K is small, so to leading order,
m is determined by w. At first order in u, we then have

WAy = —(Km? + a)dg (AS6)

for the slowly varying amplitude, with w = w.
According to (A3) and (AB), vertical advection has
two effects on the oscillatory solution. At zeroth order,
it creates a wavy vertical structure, translating infor-
mation from the lower boundary upward along charac-

teristics
(£) =~ (A7)
— ) = w. AT
dt X

At first order, advection maintains the amplitude enve-
lope of x against attenuation due to vertical diffusion
of the wavy vertical structure and linear damping.

Appendix B: The RelationshAips Among
w, w, and we

Recall that w is defined as the vertical advection ve-
locity, ¥ = w + (K/H) — K. is the quantity found
by inverse solving (4a)-(4c), and w: is the ascent rate
of H anomalies, defined graphically from the EEOF-
reconstructed plot, Plate 1b. We begin by noting that
diffusion can change the apparent tape speed much
more than dilution can, as is discussed in section 3.3;
variations in K for fixed o had a much greater effect on
the transit time from 100 to 10 hPa than did variations
in a for fixed K. .

Taking (2) with x redefined as the H anomaly, i.e.,
the departure from the mean, in other words the tape
signal alone:

Xt + Wx: = Kx:: —ax— 71X (B1)

Now, every extrernum (x; = 0) and zero crossing (X =
0) must ascend with velocity wy.. The following result
can be obtained using either fact, but it is simpler to
use the zero crossings. We have

X+ WeeX: = 0 (BZ)

at those altitudes and times for which x = 0. By com-
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paring (B1) with (B2), we readily obtain, regardless of Harries, J.E., J.M. Russell [II. A.F. Tuck. L.L. Gordley,

the values of @ and =,

I
we = - (B3)
Xz x=0
whence, using equation (3),
we=w+ K/H+K/h-K, (B4)

where A = —x./x::; note that no approximations have
yet been made. We can calculate & by substituting into
the above from (Ala) and (Alb), and keeping only the
leading order terms in the WKBJ sense, yielding

1/h = =2(In A); — (Inm), (B3)

Variations of A about its mean value of 3.6 km are small.
Figure 9 compares w, w, wy, and w,, calculated using
(B4) with the approximation for 1/h. The similarity
of the two we, curves provides a valuable end-to-end
check of our method, since the derivation in (B4) relies

on A and m and on @ and K found by inverse solving
(4a)-(4c).
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Interaction of extratropical Rossby waves
with westerly quasi-biennial oscillation winds

Donal O’ Sullivan
Northwest Research Associates, [ncorporated, Bellevue, Washington

Abstract. The role of laterally radiating stratospheric Rossby waves from the
winter hemisphere in the momentum balance of the quasi-biennial oscillation
(QBO) remains an unresolved issue. Observations of extratropical Rossby waves
penetrating close to the equator suggest that Rossby wave absorption in the tropics
must occur at least occasionally. This paper presents numerical simulations using
a global shallow water model to examine the pattern of wave absorption at low
latitude during the westerly wind phase of the QBO. Earlier results indicating that
extratropical Rossby waves radiating to the equator do not break there when the
QBO phase is westerly are reproduced. It is shown that the westerly QBO jet can
persist, undiminished at its core, over seasonal length integrations, because the
laterally radiating Rossby waves are absorbed along the QBO jet’s flanks, where
easterly acceleration occurs. The net effect of the Rossby waves on the westerly
QBO jet is a reduction in the width of its meridional profile but not its core
strength. This behavior is interpreted by considering the filtering of equatorward
radiating Rossby waves by critical layer absorption. a process that depends on the
background zonal mean wind and the waves’ phase speed and amplitude. The
simulations also show that adequate horizontal resolution is needed to capture the
suppression of wave breaking at the QBO jet core and persistence of the jet core
strength over seasonal timescales. The implications of this result for simulations of

the QBO in general circulation models are considered.

1. Introduction

Planetary Rossby waves in the stratosphere radi-
ate upward and equatorward from their tropospheric
sources during the winter season. Their wave break-
ing and absorption at low and middle latitudes lead to
the formation of the isentropically well mixed surf zone
in the stratosphere. Though most equatorward radi-
ating Rossby waves are absorbed at low latitudes, the
absorption process must not be complete, as extratrop-
ical Rossby waves have been observed at the equator
(Hitchman et al., 1987)].

Radiation of some extratropical Rossby waves into
the tropics is also suggested by the occurrence of a ro-
bust correlation between the winter extratropical cir-
culation and the phase of the quasi-biennial oscillation
(QBO). The tendency is for the winter stratospheric
vortex to be stronger and colder during winters, when
the QBO phase is westerly rather than easterly [Holton
and Tan, 1980, 1982; Wallace and Chang, 1982; Lab-
itzke, 1982, 1987; van Loon and Labitzke, 1987; Baldwin
and Dunkerton, 1991; Dunkerton and Baldwin, 1991].
Stratospheric Rossby waves have been shown to play a
role in this tropical extratropical coupling [Dunkerton

Copyright 1997 by the American Geophysical Union.
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and Baldwin, 1991]. This finding raises a paradox, how-
ever, as the observed QBO winds do not show any evi-
dence for wave absorption during either winter season.
yet the QBO winds somehow influence the Rossby wave
activity so as to modulate the extratropical Rossby
wave activity. Similarly, given the long timescale of
the QBO, it is apparent that the survival of the narrow
westerly wind jet depends upon Rossby wave absorp-
tion not occurring in the westerly jet core, particularly
at lower stratospheric levels, where the westerly QBO
phase is of longer duration.

The purpose of this paper is to discuss the propa-
gation of stratospheric extratropical Rossby waves into
the tropics during periods with QBO westerlies. It will
be shown that wave breaking is not expected within
the zone of westerlies as a result of the absence of any
Rossby waves possessing a critical latitude there. This
occurs because easterly or weak westerly winds, which
typically occur equatorward of the polar night jet, act
to filter out those Rossby waves whose phase speeds
match the QBO westerlies.

2. Background

Observations show that QBO westerlies are narrow
and appear unaffected by Rossby wave absorption dur-
ing solstitial seasons [Dunkerton and Delisi, 1985: Nau-
jokat, 1986], suggesting tropical isolation from extrat-
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ropical Rossby wave breaking. Indeed. it has long been
known that laterally propagating extratropical Rosshy
waves do not play a major role in forcing the QBO
[Wallace and Holton. 1965, a view supported by receut
numerical calculations. which show that reasonable ide-
alized QBO-like cycles can be simulated without the
need for such westward forcing [Dunkerton. 1997].

[t is still possible. however, that extratropical Rossby
waves contribute significantly to the QBO’s momentum
budget {Dunkerton. 1933; Mcintyre. 1994]. It is notable
that numerical models readily display Rossby wave ra-
diation to the equator [Juckes and Mclntyre. 1987:
O Sullivan and Salby. 1990: O 'Sullivan and Dunkerton.
1994: tFaugh et al.. 1994: Polvamn ¢t al.. 1995]. though
the wave flux is sensitively dependent on the subtrop-
ical zonal mean wind profile in the winter subtropics
[Polvan: et al.. 1995: Chen, 1996]. Thus there is great
uncertainty surrounding the interaction of the QBO and
Rossby waves from the winter hemisphere.

The present study examines this issue. motivated
by the tracer transport study of O 'Sullivan and Chen
{1996], which investigated how the QBO affects isen-
tropic transport at low latitudes over a solstitial sea-
son. Horizontal winds from the 630 K level of a three-
dimensional middle atmospheric simulation were used
to advect a tracer. Comparing simulations in which the
model had either an easterly or a westerly QBO phase.
they showed a well-mixed stratospheric surf zone form-
ing at low latitudes for each QBO phase. The westerly
QBO phase simulation was interesting, however. in that
a second. smaller wave-breaking zone developed in the
summer hemisphere at low latitudes. This effect was
again seen in a barotropic simulation by Chen [1996].
This secondary wave-breaking zone was due to winter
hemisphere Rossby waves propagating across the equa-
tor from the winter hemisphere. Wave breaking was
dramatically suppressed in the westerly QBO jet at the
equator. however.

The results of O 'Sullivan and Chen [1996] suggest a
possible solution to the puzzle of why Rossby waves
reaching the equator do not break and decelerate the
narrow QBO westerlies (~10° half width (NVewell et al..
1974]), in spite of the tropical winds exerting a strong
influence on the interannual variability of the extrat-
ropical winter circulation [Holton and Tan. 1980. 1982].
The pattern of wave breaking seen at low latitudes by
O’Sullivan and Chen can be explained by considering
the selective absorption of southward radiating Rossby
waves as they approach their critical laticude (where the
zonal mean wind matches the wave's phase speed) and
by considering the latitudinal profile of the zoual mean
wind [Randel and Held. 1991: Bowman. 1996]. Most
extratropical Rossby waves have eastward phase speed
or are quasi-stationary and break in the weak wester-
lies or easterlies normally present in the winter subtrop-
ics. (The wave breaking is dependent on wave ampli-
tude as well as intrinsic phase speed [Fyfe and Held.
1990].) The waves that propagate southward past the
weak wind zone into the QBO westarlies and across the
equator will not encounter a critical latitude until they
reach the summer easterlies. Thus filtering of sonth-
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ward propagating Rossby waves by the weak winds of
the winter subtropies prevents Rossby wave breaking
in the QBO westerties. This shietding affect may -x-
plain how narrow QBO westerlies can survive for pe-
riods longer than a year in the low and middle strato-
sphere. The Rossby waves that penetrate the tropics
have critical latitudes in the summer hemisphere low
latitudes. not in the westerly QBO winds.

To illustrate this effect. the zonal mean wind. @. for
January 1993 is shown in Figure 1. using the United
Kingdom Meteorological Office (UKMOQ) assimilated
winds. This shows the strong polar night jet at high
latitudes in the winter hemisphere. while at the equa-
tor a westerly QBO jet is seen. slightly displaced 1nto
the winter hemisphere. (Singapore observations show
that January 1993 had QBO westerlies stronger than
15 ms~! from about 30 to 10 mbar.) The surf zone oc-
cupies the region of weak meridional potential vorticity
(PV) gradient from about 20°N to the polar jet core.
The zonal mean winds near 20°-30°N appear unusually
strong for this January in comparison with climatology
(Dunkerton and Delist, 1985; Randel, 1992]. This profile
nevertheless illustrates the point: since linearly propa-
gating Rossby waves require westward intrinsic phase
speed. cry —T < 0, waves radiating towards the equator
from the winter extratropics will reach a critical latitude
and will be absorbed before reaching the equator. un-
less their phase speed. cry, is less than the zonal mean
wind's local minimum in the winter subtropics, %mn:n.
l.6.. CRw < Tmin. Rossby waves satisfying this crite-
rion can radiate into the southern hemisphere until they
reach their critical latitude. During January 1993. for
example, Figure | indicates that southward radiating
linear Rossby waves, with a broad phase speed spec-
trum. will show critical latitude absorption at latitudes
north of the zonal wind minimum near 22°N and south
of about 3°S (where U = Tnyin). The zone between 5°S
and 22°N is sheltered from Rossby wave absorption.
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Figure 1. Zonally averaged UKMO assimilated zonal
wind at 21.5 mbar. averaged over January 1993 during
the westerly phase of the QBO.



O'SULLIVAN: ROSSBY WAVES AND A WESTERLY TROPICAL WIND JET

however, in linear theory. Thus the isolated westerly
QBO jet maximum does not experience wave breaking
or wave drag. [n reality, the filtering of Rossby waves
will be more efficient. as finite amplitude Rosshy waves
will break before reaching their critical latitude {Fyfe
and Held, 1990: Waugh et al.. 1994}, so radiation to
the equator past the wind minimum requires finite am-
plitude waves to have a westward intrinsic phase speed
there. crw — Gmin < 0 < 0, where {d| increases with
incident wave amplitude.

The sensitivity of Rossby wave propagation and ab-
sorption at low latitudes to the zonal mean wind was
recently discussed by Polvani et al. (1993] and Chen
[1996]. Polvani et al. (1995] performed simulations of
the northern winter stratosphere. using a shallow wa-
ter model similar to that described below. They con-
cluded from their simulations {which had tropical east-
erlies) that confinement of wave breaking to the main
surf zone was a consequence of strong subtropical shear
of the zonal mean wind.
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Chen [1996] undertook similar simulations with a
non-divergent barotropic model and »mphasized the im-
portance of the subtropical winds in determining how
active the winter hemispnere surl zone mixing was. In
particular. he showed that the QBO may or nmiay not
have a significant influence on the extratropical circula-
tion in the lower stratosphere. depending on the mean
sonal winds in the winter hemisphere subtropics. The
results presented here are consistent with the results of
these earlier papers concerning the importance of the
winter hemispliere's zonal mean wind.

The objective here. however. is to clarify the nature
of extratropical Rosshy waves’ interaction with a west-
erly QBO jet. while the extratropical winds avolve in
response to wave absorption. The filtering of equator-
ward radiating Rossby waves by the background winds
and the absence of wave breaking in an isolated westerly
QBO-like jet is demonstrated next in a shallow water
model simulation representative of the solstitial strato-
sphere.
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Figure 2. Evolution of the

modeled (a) zonal mean wind and {b) potential vorticity. when

the Rossby wave forcing amplitude. hg. = 300 m. The heavy dashed line in the northern hemi-
sphere shows the location of the subtropical wind minunum. Tnin. while the line in the southern

hemisphere demarks the latitude at which ¥ = Win.

Rosshy waves radiating from the winter

extratropics do not encounter a critical latitude within this sheltered zone, where linear theory
predicts no wave absorption. Units are {a) ms™" and (b) 0~ m~" 57t
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3. Numerical Simulations

3.1. Response of the QBO to Lateral Rossby
Wave Radiation

A two-dimensional (2-D) global shallow water model
has been used to demonstrate the behavior of sxtrat-
ropical Rossby waves radiating into the tropics during
westerly QBO phase. Two-dimensional models such as
this one have been used previously to study the quasi-
horizontal dynamics and transport associated with strato-
spheric Rossby waves and the polar vortex. They may
be viewed as representing flow on a quasi-horizontal
isentropic surface or the vertically integrated flow of
a layer of the stratosphere [Juckes and Mc/intyre. 1987:
Salby, 1988; Salby et al.. 1990]. A 2-D shallow wa-
ter model is ideally suited to the present study, as it
is horizontal wave propagation and breaking that is of
interest. The westerly phase of the QBO has large am-
plitude from near the 50 mbar (~21 km) level to above
5 mbar (where it merges with a westerly phase of the
semiannual oscillation). The model may therefore be
considered to represent the vertically integrated flow of
any sublayer within this altitude range. The interac-
tion of extratropical Rossby waves with QBO should
be stronger near the middle stratosphere than near the
lower stratosphere, however. since Rossby wave ampli-
tudes increase exponentially with alticude.

The model used here is the spectral transform shal-
low water model of Hack and Jakob [1992]. available
from the National Center for Atmospheric Research and
slightly modified as described below. The vorticity, di-
vergence and continuity equations are integrated for-
ward in time by using explicit. centered differencing
time integration. The model is used with horizontal
resolution T-85, a time step of 130 5. and a global mean
depth of 3 km. The simulation is adiabatic. except for
sixth-order hyper diffusion. which is included to control
the enstrophy cascade near the limit of resolution. The
diffusion coefficient is chosen to give an e-folding damp-
ing time of 1 hour at the smallest scales. The model
is initialized with a zonally symmetric flow typical of
the midwinter and is run for 120 days. Rossby wave
forcing is imposed by introducing zonal wave one to-
pography, hr(z, y), having a Gaussian latitudinal pro-
file centered at 33°N. with a half width of 12.6° and
having amplitude Ag. The forcing varies in time as
h{t) = hr{l — exp(—t/7)}(1 —exp((t — 130))/7)) until
day 130 and is zero thereafter, where ¢ is time in days
and 7 is 5 days. Thus the forcing amplitude is smoothly
increased to a constant value over the first 10 days or so
and smoothly turned off between day 120 and day 130.
Simulations with this idealized adiabatic model are used
to study the propagation of Rossby waves from the win-
ter extratropics and their interaction with a QBO west-
erly jet at the equator. The QBO jet is specified in
the initial conditions, but no QBO forcing is included
during the simulation in order to highlight the inter-
action of the Rossby waves with the QBO jet. The
disturbed polar vortex is mainly of interest as a source
of equatorward radiating Rossby waves: thus obtaining
the mosrt realistic simulation of the extratropical strato-
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spheric circulation is not a primary concern here. The
model approximately simulates quasi-horizontai strato-
spheric low. No parameterization of tropical wave forc-
ing is inctuded. so the QBO is not explictely forced.

A simulation having zoual wave one topography with
hg = 300 m is first shown to discuss the behavior
of weak lateral Rossby wave radiation into the trop-
ics. followed by a more strongly forced case, hg = 900
m. Both of these simulations demonstrate the tendency
for the tropical westerly jet core to survive despite lat-
eral Rossby wave radiation from the winter extratrop-
ics. Figure 2 shows the evolution of the zonal mean
wind and potential vorticity when hg = 300 m. This
weakly forced case shows the zonal mean polar night
jet to be barely affected by the Rossby wave forcing.
The forced extratropical Rosshy waves radiate equator-
ward, where wave breaking in the weak westerlies of the
winter subtropics creates a well-mixed subtropical surf
zone of homogenized PV and westward zonal mean ac-
celeration. As OQ’Sullivan and Chen [1996] observed, a
weaker secondary surf zone develops in the summer sub-
tropics, between 10° and 20°S, due to the absorption of
Rossby waves from the winter hemisphere extratropics.
Westward propagating Rossby waves radiated into the
southern hemisphere were also noted in the simulations
of Poluani et al. [1995] and Chen [1996}.

Thus wave breaking and zonal mean deceleration oc-
cur at low latitudes on both sides of the tropical west-
erly jet. but very little deceleration occurs at the jet
core. The westerly jet core at the equator does expe-
rience a temporary, reversible deceleration of up to ~3
ms~! during the simulation, however, due to the pres-
ence of nonbreaking Rossby wave activity there. The
wind speed at the jet core relaxes back toward its ini-
tial value after day 130, when wave forcing is turned
off. as wave amplitudes diminish. The jet core does not
completely regain its initial strength by the end of the
simulation. however, as the isolated westerly jet and its
strong PV gradient act as a waveguide containing some
Rossby wave activity, which is slow to decay.

Latitudinal profiles of zonal mean wind during the
simulation, shown in Figure 3, are helpful for highlight-
ing the regions of wave mean flow interaction. The
northern hemisphere subtropics experiences continual
deceleration during the first 120 days but strengthens
again slightly after the wave forcing is turned off. West-
ward acceleration occurs in the southern hemisphere
subtropics around the latitude at which u = Um:n.
as expected. Rossby waves with westward intrinsic
phase speed at the northern subtropical wind mini-
mum, Ry < Tmin, are freely radiating into the south-
ern hemisphere and cause the eastward acceleration far-
ther south where their critical latitudes occur, for exam-
ple, over the range ~10°S to ~40°S during the period
from day 30 to day 120. Wave propagation south of
~40°S is negligible. The net effect of the extratropi-
cal Rossby waves on the QBO westerly jet has been to
make the jet narrower on both sides. Continued en-
croachment of the southern hemispheric easterlies into
the QBO westerly jet is halted by the deepening of the
northern hemisphere subtropical wind minimum. which
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Figure 3. Latitudinal profiles of the modeled zonal
mean wind in the simulation with the Rosshy wave forc-
ing amplitude, hg, = 300 m.

effectively blocks lateral radiation of stationary Rossby
waves into the tropics by day 120. The westward prop-
agating Rossby waves are not directly forced in this
model but are apparently generated by the large-scale
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wave breaking in the surf zone [Polvani et al., 1995:
O Suilivan and Chen. 1996}

The numerical simulation indicates ihat the linear
view of wave breaking determined by Z(o) and cpy
is modified by nonlinearity. On day 40, for exam-
ple. southward radiating linear waves wich appropriate
phase speeds would find critical latitudes at northern
laticudes down to ~21°N, the latitude of the subtrop-
ical wind minimum Tmin, but not again until about
15°S and southward, where T < Tmin again. The simu-
lation shows. however, that deceleration occurs within
the “sheltered zone” of linear theory. This effect is due
to the finite width of finite amplitude critical layers,
which PV maps show extending into the linearly “shel-
tered zone”’, so wave breaking reaches closer to the jet
core than would be expected from linear theory. Sec-
ondary circulations induced by wave breaking may also
extend the deceleration beyond the breaking zone.

The PV field (Figure 2) shows that the meridional PV
gradient near the equator steepens as a result of the
growth of subtropical surf zones on either side. This
stronger gradient is associated with narrowing of the
westerly jet’s meridional profile, as there is no strength-
ening of the jet core speed.

This simulation is next compared with a more strongly
forced case, hg = 900 m. in which wave amplitudes are

a zongl mean zonal wind
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Figure 4. As in Figure 2 but with Ag =900 m.
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more representative of the winter stratosphere. to judge
from the disturbance to the polar vortex. The evolution
of the zonal mean wind and PV are shown in Figure 4
and wind profiles are shown in Figure 3. In this case
the stronger forcing strongly disrupts the winter vortex,
causing minor “polar stratospheric warming events” be-
tween days 30 and 70. Subsequently, the vortex reestab-
lishes itself near the pole and experiences minor disrup-
tions until forcing is turned off between day 120 and day
130. The stronger wave forcing leads to greater wave
absorption and zonal mean easterly acceleration in the
winter subtropics, with strongest easterlies of about -16
ms~! developing near 30°N. This compares with ap-
proximately -3 ms™! when Ag = 300 m. The PV field
(Figure 4b) correspondingly shows a wider, more active
subtropical surf zone when the forcing is stronger. The
summer hemisphere extratropics show that wave break-
ing and PV mixing extend to the pole following the
northern hemisphere’s polar warming event. Polvani et
al. [1995] and Chen [1996] noted similar wave break-
ing extending to high latitudes in the summer hemi-
sphere. The southern hemisphere extratropics experi-
ences much more easterly acceleration than occurred
in the weakly forced case. The most striking feature
of this simulation, though, is the preservation of the
QBO westerly jet despite the stronger lateral Rossby
wave radiation from the winter hemisphere. Aside from
transient zonal mean decelerations the jet core experi-
ences very little net deceleration over the course of the
simulation.

The easterly acceleration in the winter subtropics
plays an important role in isolating the tropical west-
erlies from wave breaking as it increases the range of
Rossby wave phase speeds, which are absorbed and pro-
hibited from radiating into the tropics. The value of
Umin determines the phase speed filter cutoff for equa-
torward Rossby wave radiation, so a more westward
Umin reduces the fraction of the extratropical Rossby
waves that can reach the tropics, whereupon their fate
depends strongly on the phase of the QBO. It is the

Zonai mean zongl wind
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Figure 5. As in Figure 3 but with Ag = 900 m.
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value of Tg g0 —Tm:n that is of most relevance to the ab-
sence of wave breaking at the jet core. however. At the
equator. increased westerly jet speed. uqpo. implies in-
creased intrinsic phase speed for the Rossby waves that
can reach the equator. thus making it increasingly dif-
ficult for wave breaking and mean flow forcing to occur
[Fyfe and Held, 1990]. In these simulations the quantity
TQBo — Tmin is initially about 16 ms™!, a reasonably
realistic value.

The QBO profile used here is unrealistically strong at
25 ms™! but is chosen to highlight the pattern of wave
absorption associated with a westerly QBO jet. An ad-
ditional simulation is presented next to examine how
sensitively the jet’s isolation depends on the value of
Tgpo- The strongly forced simulation is repeated iden-
tically, except that the westerly QBO jet is weakened:
Tggo = +10 ms™!. The profiles of zonal mean wind
(Figure 6) show that the westerly QBO jet core still
survives undiminished, even though Tgeo — Tmin ~ +3
ms~! initially. The QBO jet survives, because easterly
acceleration in the winter subtropics rapidly increases
TQs0 — Umin, giving a value of about +20 ms~! by dav
40. In this simulation the northern hemisphere sub-
tropical zonal wind decelerates more rapidly and be-
comes more easterly than it does in the case with a
Tgpo = +25 ms™' jet. This behavior has the effect of
absorbing and filtering out more of the southward radi-
ating Rossby waves, so the southern hemisphere expe-
riences less Rossby wave absorption and easterly accel-
eration.

The simulations highlight the difficulty Rossby waves
have in decelerating the QBO westerly jet core: Filter-
ing by the subtropical wind minimum removes Rossby
waves with critical latitudes near the QBO jet core, so
wave breaking can only occur there if wave amplitudes
are large. Large amplitude, laterally radiating Rossby
waves, will first break in the subtropics, however. fur-
ther protecting the tropics by making Tmin more east-
erly
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3.2. Sensitivity of QBO Simulations to Model
Resolution

These simulations also raise the issue of model res-
olution requirements in simulating the westerly QBO
phase, if extratropical Rossby waves radiate into the
tropics as simulated in barotropic models or in the 3-D
model of O’Sullivan and Chen [1996}.

The importance of model resolution for the westerly
QBO jet is dramatically shown by repeating the first
simulation (Ag = 300 m) unchanged but with horizon-
tal resolution reduced from T85 to T42. Small-scale
dissipation must be increased for the lower T42 sim-
ulation, where a coefficient value of v* = 6.30 x 1077
m® s=! is used compared to v* = 4.75 x 10%® m® s~}
before. Figure T contains meridional profiles of T dur-
ing the simulation showing that the westerly QBO jet
is essentially destroved. A similar result was found in
a T42 version of the second simulation (hg = 900 m).
The zonal mean momentum budget for this run shows
that the loss of the westerly QBO jet is not due to
the model’s small-scale dissipation acting directly on
the zonal mean, however. The reason for the differ-
ent evolution from the T85 case is related to the effect
of increased small-scale dissipation on wave absorption
at low latitudes, by broadening the meridional width of
the absorbing zone in comparison with that found when
small-scale dissipation is weaker. The broadened sub-
tropical wave-breaking zones on both sides of the QBO
jet gradually weaken the jet, slowly at first but more
rapidly by day 100, in a manner not seen in the less
dissipative T85 simulations. This sensitivity to resolu-
tion is a subtle effect, which is not so apparent in shorter
(~80 day) integrations. The effect should, nevertheless,
be important in longer simulations of the QBO and may
help explain some of the difficulties experienced in try-
ing to produce a spontaneous QBO in general circula-
tion models.
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4. Discussion

The modeled northern hemisphere Rossby wave forc-
ing generates a considerable amount of westward travel-
ing Rossby wave activity, especiaily later in the simula-
tions, which radiate into the summer hemisphere and
account for the strong forcing of the summer hemi-
sphere by lateral Rossby wave radiation. (In the ab-
sence of these westward Rossby waves the summer sub-
tropical wind minimum would not experience wave ab-
sorption and mixing (Bowman and Hu. 1997}.) It is
difficult to gauge which Rossby wave forcing strength is
most appropriate for comparison with the middle and
lower stratosphere. The strong forcing, hg = 900 m.
causes muore realistic perturbations to the extratropical
flow than occurs with the weaker forcing, hg = 300
m. On the other hand, comparison of the winter sub-
tropical deceleration suggests that the weaker forcing
is more realistically representing equatorward Rossby
wave radiation intensity. In addition, the simulation
with stronger forcing shows too much Rossby wave radi-
ation into the summer hemisphere judging by the west-
ward acceleration there (Figure 3 and Figure 1), while
the simulation with weaker forcing is more modest and
apparently realistic (Figure 3). The Rossby wave per-
turbation amplitudes in the summer subtropics of the
weaker forced case are also more consistent with anal-
ysis of cross-equatorial Rossby wave radiation deduced
from UARS constituent data [O’Sullivan, 1997].

The shielding of the deep tropics from extratropical
Rossby wave breaking during the westerly QBO phase
is consistent with the long survival of the water vapor
“tape recorder effect” [Mote et al.. 1996; Holton et al.,
1995]. This annually varying water vapor mixing ra-
tio signal is imprinted at the tropopause and advected
upward through the tropical lower stratosphere by the
large-scale upwelling circulation. As with the westerly
QBO winds themselves, this signal would be quickly de-
stroyed by Rossby wave breaking and irreversible mix-
ing in the tropics.

Meridional advection across the equator was negligi-
ble in these adiabatic simulations. This finding is ac-
ceptable, however, considering the weak contribution
meridional advection makes to the zonal mean budget
of PV or a long-lived tracer in the tropical stratosphere
below 10 mbar [Dunkerton, 1996].

5. Conclusions

Idealized simulations of extratropical stratospheric
Rossby waves radiating to the tropics during the QBO’s
westerly phase show that the equatorial core of the QBO
westerly jet is remarkably unaffected by the incident
Rossby waves. with the maximum wind speed essen-
tially unchanged over the duration of the simulation.
The QBO is unforced and free to evolve in response to
Rossby wave absorption in these simulations. Although
most of the winter hemisphere's extratropical Rossby
wave activity is absorbed in the winter subtropical surf
zone. a significant fraction traverses the QBO jet hefore
being absorbed in the summer hemisphere subtroptss
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Thus che flanks of the QBO jet in both hemispheres
sxperience westward acceleration in response 1o Rossby
wave absorption. The net affect of this is that she QBO
jet becomes narrower meridionally during soistinal sea-
sons than it was initially. There is evidence of such be-
havior in assimilated UKMO zonal mean wind data for
the middle and lower stratosphere during the westerly
QBO phase. which was centered on the northern winter
of 1992-1993 (not shown). It is not clear how significant
this tendency is for determining the meridional width
of westerly QBO phases, however.

The simulations presented here are interpreted in
terms of the fltering effect of the winter subtropical
zonal mean wind on equatorward radiating extratropi-
cal Rossby waves, as discussed by Bowman [1996]. This
process depends on the background zonal mean wind as
well as the waves' phase speed and amplitude. Thus the
waves that reach the westerly QBO jet do not encounter
critical latitudes until they reach the summer subtrop-
ics. In these simulations, and in reality, the subtropical
weak zonal wind “filter” evolves to become more effec-
tive in shielding the tropics during winter as the sub-
tropical wind minimum becomes more easterly. Hence
wave propagation across the equator, when the QBO
phase is westerly, is most likely in early winter. Anal-
ysis of UARS constituent fields at the 10 mbar level
during the winter 1992-1993, where the QBO was west-
erly, shows that significant cross-equatorial radiation
of quasi-stationary and westward propagating Rossby
waves does occur, particularly in early winter, when
the northern subtropical winds are more favorable to
propagation [O’Sullivan, 1997].

These results help clarify the paradox of how the ex-
tratropical Rossby waves apparently interact with, and
are influenced by, the QBO without the QBO itself.
close to the equator, being noticeably affected by the
Rossby waves. The QBO’s westerly phases are long-
lived and do not show evidence of easterly accelera-
tion from Rossby wave absorption during winter sea-
son, according to long-term equatorial rawinsonde ob-
servations (e.g.. Singapore, at 1°N). The simulations
presented here have shown that the laterally radiating
Rossby waves interact with the QBO but do not break
near the westerly jet core, allowing the jet core to per-
sist.

This work suggests the interaction of extratropical
Rossby waves with westerly QBO winds, and commu-
nication of the QBO signal to the extratropical circu-
lation, should be strongest in early winter (especially
December). This is the time of year when the low-
latitude stratospheric winds of the winter hemisphere
(and Umin) are most westerly and the extratropical
Rossby waves are strong.

This paper has focused on the dynamical interaction
of Rossby waves with the westerly QBO jet. The ab-
sence of wave breaking in the westerly QBO jet core
implies a lack of horizontal mixing across the jet axis,
which could manifest itself in long-lived constituent
concentration flelds as a cross-jet gradient if surf zone
mixing reached close to the equator. The concentra-
tion of long-lived constituents usually does not show
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sirong meridional gradient at the equator during west-
arly QBO. however. {e.g.. Roche ct al.. 1996], probably
because the sddy-mixing rate usually increases grad-
ually away from the equator. A case in which mix-
ing did reach close to a westerly QBO jet. producing
a strong meridional gradient of long-lived constituent
at the equator, was seen at 10 mbar and above during
late winter of 1992, however [Dunkerton and O Sullivan,
1996].

Finally, the sensitivity of the westerly QBO jet’s evo-
lution to model resolution (i.e., smalil-scale dissipation
strength) demonstrated here shows that high horizontal
resolution may be required to capture the persistence of
the westerly QBO jet when Rossby waves radiate into it
from the winter extratropics. This conclusion depends
on the simulated flux of Rossby wave activity radiating
across the equator having reasonably realistic intensity,
however, a quantity poorly known in reality. The fact
that the westerly QBO jet was obliterated in the lower-
resolution simulation even for the weakly forced case
suggests that this conclusion is likely to be relevant for
actual lateral Rossby wave radiation strengths.
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Abstract. Observations of water vapor with high tempo-
ral and spatial resolution and good horizontal coverage just
above the tropical tropopause have been scarce, but a pre-
liminary version of such data has been developed using radi-
ance measurements of the Microwave Limb Sounder. These
data reveal distinct variations with periods in the ranges 10—
25 days and 30-70 days, consistent with (respectively) slow
Kelvin waves and the tropical intraseasonal oscillation.

1. Introduction

Signatures of equatorial Kelvin waves were first found in
lower stratospheric temperature [ Wallace and Kousky, 1968
and have also been found in trace constituents using satellite
data (Canziani et al. 1994; Ziemke and Stanford 1994]. By
studying ozone and water vapor profiles from the Limb In-
frared Monitor of the Stratosphere (LIMS), Kawamoto et al.
{1997] identified Kelvin-wave signatures in the lower strato-
sphere, though for water vapor the results were compromised
by poor-quality data in the lower stratosphere.

In addition to possible Kelvin-wave signatures in lower
stratospheric water vapor, we also wish to investigate in
this paper the possibility of a stratospheric signature of the
tropical intraseasonal oscillation {TIO). For both kinds of
sub-seasonal variations we turn to a relatively new water
vapor data set from the Microwave Limb Sounder (MLS) in-
strument aboard the Upper Atmosphere Research Satellite
(UARS). While MLS stratospheric water vapor data have
previously been used in a number of studies, the data set
used here is based on a new retrieval that extends the data
down to 100 hPa, as explained in section 2. We analyze the
spectral characteristics of sub-seasonal anomalies in MLS
water vapor at the 100 and 68 hPa UARS levels.

2. Data

MLS measures water vapor in two spectral bands, 133
GHz and 205 GHz, with best sensitivity in the stratosphere
and upper troposphere respectively. With the standard re-
trieval, the 183 GHz radiometer yields data at and above
46 hPa with a resolution of about 5 km. A nonlinear re-
trieval has been developed that extends the sensitivity to
100 hPa and doubles the vertical resolution; results from
an earlier version of the nonlinear retrieval were presented

Copyright 1993 by the American Geophysical Union.
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and discussed by Mote et al. {1996]. The retrieval has been
improved, primarily by eliminating systematic errors and
by speeding up the code to allow all available days to be
processed. The range of available days lies between late
September 1991, the launch of UARS, and late April 1993,
when the 183 GHz radiometer failed. There are several one-
day gaps, a four-day gap, and a long gap in June-July 1992
when only a few days of data were taken. We bridge the
shorter gaps by linear interpolation, and the long gap forces
us to divide the record into two segments for most analyses.

In contrast to solar occultation instruments, MLS, be-
cause it measures emissions at the limb, can gather over 1300
profiles per day. We have formed a zonal, equatorial cross-
section of water vapor data in time and longitude by binning
profiles within 2.5° of the equator in 24° longitude bins for
each day, after quality control. All equatorial data values at
100 hPa are flagged by the retrieval as suspicious {meaning
that the error of the retrieved product is greater than one
half of the error of the a-priori data) but are nonetheless rea-
sonable in some respects: the seasonal variations agree with
100 hPa temperatures and with HALOE water vapor (Mote
et al., 1996]. The higher-frequency, zonally-tarying fluctua-
tions of MLS water vapor at 100 hPa also seem reasonable,
and do not arise from the (zonal mean) a-priori data. but
may be affected by the values at 68 hPa, the next UARS
level above 100 hPa. To be on the safe side. we concentrate
here on the data at 68 hPa.

3. Results

As shown by Mote et al. [1996], water vapor has a
large annual cycle at the tropical tropopause. In fact, low-
frequency variability accounts for more than 90% of the vari-
ance. In order to reveal the subtler signature of higher-
frequency variations, we high-pass filter the data rernoving
periods longer than about 90 days. We then remcve vari-
ations in the zonal-mean component and consider two 256-
day intervals, one on each side of the data gap in June-July
1992.

For the 68 hPa level (Figure la), a clear signature of
mostly eastward-traveling disturbances emerges. Unlike the
slower disturbances at 215 hPa reported by Clark et al
[1998], which usually vanished above the eastern Pacific,
these disturbances occur at all longitudes, and sometimes
circle the globe. For example, the positive anomaly (light
shading) apparent near 0° at the end of September 1991 can
be traced more than once around the globe, returning to 0°
in mid-October and possibly again in early Novemnber.

In order to elucidate the characteristics of these oscilla-
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Figure 1. Hovméler diagrams of (a) equatorial (2.5°S-
2.5°N) 68 hPa water vapor, high-pass (period < 90d) fil-
tered; (b) the same, reconstructed using only eastward
wavenumbers 1-3 and temporal periods 30-128 days (see
lower box in Figure 2a) and (c) as in (b) but for temporal
periods 6-27 days (see upper box in Figure 2a). Dark shad-
ing indicates negative anomalies. Contour interval is 0.04
ppmv in (a) and (c), 0.02 ppmv in (b).

tions, we calculate wavenumber-frequency power spectra of
the 256-day segments of data shown in Figure 1a and also of
the corresponding data at 100 hPa. At each longitude the
time series data are tapered at the endpoints to assure con-
tinuity when applying the spectral analysis. (The results
are virtually identical without tapering.) Then the time-
longitude data are regressed to find coefficients of terms like
cos(kz — nt) where z and t are defined so that k and n
are integers; k varies from -7 to 7 (since there are 15 grid
points) and n varies from 1 to 128, corresponding to periods
between 256 and 2 days.

The results are shown in Figure 2. The dominant spectral
peaks are at eastward-traveling wavenumber 1 with periods
between 10 and TO days and a weak minimum at 30 days,
suggesting a division into two spectral bands, 10-25 day pe-
riod and 30-70 day period. We discuss the significance of
these two bands separately, tentatively associating them re-
spectively with Kelvin waves and with the tropical intrasea-
sonal oscillation (TIO), also known as the Madden-Julian
Oscillation.

3.1. 30-70 day band

Clark et al. [1998] studied MLS water vapor (from the
205 GHz channe!) at 213 hPa: they too found considerable
spectral power in the 30-7T0 day band. and identified it with
the TIO. While a signature of the TIO in the lower strato-
sphere has not generally been acknowledged, it seems rea-
sonable to identify the spectral peaks at 30-70 dayvs at the
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68 and 100 hPa levels (Figure 2) with those at 215 hPa, thus
connecting them to the TIO as well. Figure 1b shows a re-
construction of the water vapor variations using the limited
space-time coetficients enclosed in the lower dashed box in
Figures 2a and 2b, that is, limited to wavenumbers 1-3 and
to periods of 30~128d. Some features (e.g., in March 1992)
clearly correspond to features in Figure la, and are anticor-
related with the variations at 215 hPa (figures not shown,
but cf. Clark et al. [1998}).

The spectral power in the 30-70d band drops by approx-
imately four orders of magnitude between 215 and 100 hPa,
due partly to the corresponding decrease in water vapor mix-
ing ratio, and another order of magnitude between 100 hPa
and 68 hPa, where the mixing ratios are comparable. The
attenuation with height is consistent with our interpreta-
tion of the variations at 100 and 68 hPa as an evanescent
stratospheric response to the TIO.

3.2. 10-25 day band

In the 10-25 day spectral band, the disturbances are only
attenuated by a factor of 2 between 100 and 68 hPa. The
fact that shorter periods dominate at higher altitudes is con-
sistent with the observations of Canziant et al. (1994] show-
ing distinct spectral bands of slow (roughly 10-20 day), fast
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Figure 2. Power spectra, by wavenumber and frequency,
of the water vapor variations shown in Figure la for 68
hPa (top two panels) and of the corresponding variations at
100 hPa (bottom two panels). Positive wavenumbers refer
o castwvard waves. and negative wavenumbers to westward
aves. Figures 2a and 2c refer to the first 256-dax interval in
wure 1, and figures 2b and 2d refer to the second interval
in Figure 1.
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Figure 3. Empirical orthogonal functions of equatorial water vapor at 68 h Pa (a-b) and the time series of their principal
components (c-d). In Figure 3b, EOF 2 is indicated by the solid curve, EOF 3 by the dashed curve. In Figure 3d, the
(slightly smoothed) principal component time series of EQFs 2 and 3 are plotted against each other to emphasize their

phase relationship.

(5-9 day), and ultrafast (3-4 day) waves; slow waves domi-
nated in the lower stratosphere and fast waves in the middle
and upper stratosphere (their figures 8 and 11). Tsuda et
al. [1994] also found a roughly 20-day spectral peak in ra-
diosonde data, confined mainly to the 15-20 km altitude
range, and identified it as a Kelvin wave. We also find
{figures not shown) that the equatorial water vapor distur-
bances at these levels are coherent with (but stronger than)
disturbances at both higher latitudes and higher altitudes.
These attributes, with the correct phase relationship, could
be manifestations of Kelvin waves in the water vapor field,
though the interpretation is complicated by the fact that the
vertical gradient of water vapor typically changes sign twice
between 100 and 10 hPa [see Mote et al., 1996, their Plate
1.

To emphasize the contribution of the 10-25 day band to
the variations shown in Figure la, we reconstruct the vari-
ations using only wavenumbers 1-3 and periods between 6
and 27 days (the upper dashed box in Figure 2). The results,
shown in Figure lc, highlight the coherence of features in

this spectral band and provide 2n aid in interpreting Figure
la. At times (e.g., September—November 1991) the resem-
blance between Figure lc and Figure la suggests that the
higher-frequency eastward disturbances predominate.

An alternative approach for isolating the eastward-traveling
variations seen in Figure 1 is to calculate empirical orthogo-
nal functions (EOFs). We do this for the entire data record
(not just the two intervals of Figure 1) at 68 and 100 hPa
separately; the results for 68 hPa are shown in Figure 3, and
the resuits for 100 hPa (not shown) are very similar. The
first EOF (Figure 3a) is nearly zonally symmetric and ac-
counts for approximately 94% of the variance, and its associ-
ated time series (Figure 3c) represents the seasonal variation
in the zonal mean; this seasonal variation is formed by the
seasonally varying tropopause temperature, and advected
upward as discussed by Mote et al. [1996]. The second
and third EOFs (Figure 3b) each explain about 1% of the
variance, have comparable eigenvalues, have wavenumber-1
structure, and are temporally in quadrature, as revealed by
the prevalence of circular patterns in Figure 3d. These char-
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acteristics all describe a conjugate pair of EOFs, indicating
that they describe a traveling oscillation. Their time series
indicate variations at a range of periods but mostly near 20
days. as shown by visual inspection and by spectral and au-
tocorrelation analysis. The largest cross-correlation is at a
lag of 4 days, indicating a combined period near 16 days.

4. Discussion

Tsuda et al. [1994] stated that “upward flux of water
vapor...into the equatorial stratosphere can also be modu-
lated by the activity of Kelvin waves.” The variations in
tropical tropopause temperature shown in their figure 17
(approximately 185K to 193K) correspond to a variation in
saturation mixing ratio from 1.5 to 5 ppmv. MLS water va-
por variations in the sub-seasonal frequency range, on the
other hand, are only a few tenths of a ppmv; this discrep-
ancy could be attributed to a number of causes, including
the vertical resolution and sensitivity of the MLS retrieval.

It seems likely that the data at 100 hPa contain useful
information not just at low frequencies, as already demon-
strated by Mote et al. [1996], but also at sub-seasonal fre-
quencies. These data provide an important link between
lower stratospheric and upper tropospheric water vapor, a
link that will be investigated further. In the present paper
we have shown that sub-seasonal variations in lower strato-
spheric water vapor are probably due to the joint influence of
slow Kelvin waves and the TIO, but we have not established
that this interpretation is correct. Subsequent papers will
investigate (1) the relationships of the Kelvin-wave signa-
tures shown here to those in water vapor at higher levels, as
well as to those in temperature; (2) the relationship between
lower stratospheric and upper tropospheric water vapor in
the 30-70 day band.
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Variability of water vapor in the tropical ﬁpper troposphere as
measured by the Microwave Limb Sounder on UARS
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Abstract. The Microwave Limb Sounder (MLS), an instrument on the Upper Atmosphere
Research Satellite (UARS), measures water vapor in the upper troposphere, with best
sensitivity at the standard UARS level at 215 hPa. In this paper, we analyze the MLS
observations with a view to characterizing the temporal and zonal variations of upper
tropospheric water vapor between 20°N and 20°S. Time series of water vapor throughout
the tropics show a strong annual cycle with maximum amplitude at 20°N and 90°E.
An intraseasonal cycle with a period of 30-85 days is evident over the Western Pacific at
latitudes from 10°N to 20°S. The cycle is associated with eastward propagating disturbances
of zonal wavenumbers 1-2, suggesting that this intraseasonal cycle is related to the Madden-

Julian oscillation.

1. Introduction

Water vapor is a significant absorber and emitter of in-
frared radiation and is the most dominant gresnhouse gas
[e.g., Houghton et al., 1990; Jones and Mirchell, 1991). The
response of the climate to increases in anthropogenic green-
house gases depends upon the water vapor feedback, which
is generally believed to be positive; increased global temper-
atures lead to an increase in water vapor, in turn contributing
to further warming. Lindzen [1990] suggested that increased
global temperatures and consequent increased convection
may lead to a drying of the upper troposphere through sub-
sidence, which could offset some warming. Some debate
still surrounds this idea as more recent papers suggest [e.g.,
Chou, 1994; Soden, 1997, Spencer and Braswell, 1997] and
the primary reason for the continuing uncertainty is the lack
of adequate global water vapor measurements in the upper
troposphere.

Historically, measurements of the water vapor field have
relied upon radiosonde profiles; the accuracy and spatial ex-
tent of which are limited [e.g., Elliot and Gaffen, 1991, So-
den and Lanzante, 1996]. Radiosonde profiles are confined

LAlso at Joint Institute for the Study of the Atmosphere and
Ocean, University of Washington, Seattle

Copyright 1998 by the American Geophysical Union.

Paper number 98JD02702.
0148-0227/98/98JD-02702509 .00

largely to northern hemisphere landmasses with the result
that the water vapor field in the upper troposphere of the
tropical region has been poorly observed. Satellites provide
a better way to achieve greater spatial and temporal cover-
age. The Microwave Limb Sounder (MLS) on the Upper
Atmosphere Research Satellite (UARS) is sensitive to wa-
ter vapor in the upper troposphere. With a 3 km field of
view in the vertical, it has greater vertical resolution than
that of infrared instruments such as Meteosat (Schmerz and
Turpienen, 1988], the U.S. Geostationary Operational Envi-
ronmental Satellite (GOES) [Soden and Bretherton, 1993],
and the TIROS Operational Vertical Sounder [Salathé and
Chesters, 1995], which are sensitive to water vapor in a
broad layer of the upper troposphere ~ 300hPa thick. The
MLS measurement of upper tropospheric humidity (UTH)
is relatively insensitive to cirrus clouds, giving it additional
advantages over infrared techniques. The temporal resolu-
tion of MLS is better than that of solar occultation instru-
ments such as the Stratospheric Aerosol and Gas Experiment
2 (SAGE II) from which measurements are limited to ~ 30
per day. For several years, MLS has provided daily coverage
of the tropical region since its launch in September 1991.
The MLS water vapor data reveal synoptic-scale features
and detrainment streams extending from tropical convective
regions [Read et al., 1995], as well as the gross annual vari-
ations of the zonal mean [Elson er al.. 1996]. In the tropics,
Newell et al. [1996] have shown that the observed distribu-
tion of water vapor is consistent with the Walker circulation.
and Newell er al. [1997] have shown that upper tropospheric
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water vapor is closely related to sea surtace temperature vari-
ations in the eastern Pacific. In this paper, the MLS mea-
surement will be used to examine the temporal and zonal
variability of upper tropospheric water vapor in the Topical
region and to account for the observed variability by relating
it to known processes.

2. Data

UARS is in an almost circular orbit at an altitude of
585 km and an inclinadon of 57° tw the equator [Reber,
1993]. It makes ~ 4 orbits each day with adjacent orbits
being separated by ~ 2670 km at the equator, thereby allow-
ing a zonal mean and six wavenumbers 10 be resolved. MLS
makes a limb scan perpendicular to the orbit path at tangent
heights from 90 km to the surface. Each scan takes 65.5 s
and consists of a profile of measurements which are usu-
ally retrieved onto 15 pressure levels. MLS provides a 3 km
field of view in the vertical. Latitudinal coverage changes
from between 80°N and 34°S to 34°N and 80°S because the
satellite performs a yaw maneuver about every 36 days, but
the tropical region is observed daily, enabling a nearly con-
tinuous time series to be constructed. The MLS instrument
is described in more detail by Barath et al. (1993], and the
measurement technique is described by Warers [1993].

The 205 GHz channel on MLS is principally used to mea-
sure chlorine monoxide but it is sensitive to water vapor in
the upper troposphere when concentrations are in the range
of 100 to 300 ppmv (Read et al., 1995]. The best sensi-
tivity occurs when the water vapor concentration is about
150 ppmv; of the standard UARS pressure levels, it is at 215
hPa (~ 12 km at low latitudes and ~ 7 km at high latitudes)
that this concentration maost often occurs. We therefore focus
our study on the 215 hPa level.

Retrievals in the upper troposphere may be affected by
thick cirrus clouds. In the tropical region between 6 and
12 km, the retrievals are not significantly affected, but at
latitudes poleward 40°, a significant fraction of the mea-
sured radiances may come from scattering by cirrus clouds
[Bond, 1996]. Ice crystals in cirrus clouds at a concentra-
tion of 0.1 g m™3 over a horizontal distance of 120 km
could contribute to 20% of the absorption coefficient at
215 hPa but will usually be less, and at concentrations less
than 0.01 g m~? the effect is negligible [Read et al., 1995].

The data are derived from the initial MLS UTH retrieval
as described by Read er al. {1995]. A new and improved
MLS UTH retrieval has recently been developed, which
among other features has a formal error estimation calcu-
lation and has been compared with Vaisala thin-film capaci-
tive radiosonde measurements. Comparisons with the newer
product show the current analyzed product at 215 hPa, which
is used in this paper, to be biased high by 50-60 ppmv (ev-
erywhere) and to have a precision of 5 ppmv.

Footprints were interpolated onto points spaced every 5°
in longitude around latitude circles at 20°N, 10°N, the equa-
tor, 10°S, and 20°S. Footprints that fell within a given “search
radius” of these points were given a distance weighting based
upon the regression retrieval and space-time interpolation
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method used by Jackson et al. [1990]. A search radius
of 2150 km was used with a scaling distance of 1000 km
so that footprints 1000 km away from the given grid point
have a relative weighting of l/e whereas any that fail di-
rectly on the grid point have a relative weighting of 1. Zonal
and meridional winds and vertical velocity were taken from
the European Cenue for Medium Range Weather Forecast's
(ECMWF) inidalized reanalysis data, which are gridded with
a 2.5° by 2.5° resolution on the standard pressure levels.

3. Results

Whereas Elson er al. [1996] focused on the variability
of zonal mean water vapor in latitude-time plots, we focus
on the variability of zonal cross sections in longitude-time
plots. First, we discuss the variability at low frequencies
that is associated with the annual cycle. Next, we discuss
intraseasonal variability and the connection between water
vapor and meteorological fields.

To create longitude-time plots, the MLS footprints were
first interpolated onto grid points as described in section 2.
Data gaps were then filled in time using a Kalman filter.
Most data gaps are of only 1 day, but a gap of ~ 2 weeks
occurred in June 1992. The resulting longitude-time plots
for the time period from December 1, 1991, to May 3, 1993,
are shown in Plate 1, with the five regions showing the five
latitude bins between 20°N and 20°S. Gaps longer than 3
days have been masked.

3.1. The Annual Cycle

In Plate | and particularly in Plates la, 1b, 1d, and le,
an annual cycle in mixing ratio is apparent. Mixing ratios
are high in local summer over continents when convection is
strong and low in local winter when convection is weaker.

The northern hemisphere latitudes, 20°N and t0°N, are
shown in Plates la and 1b respectively. The highest water
vapor mixing ratios occur between 50°E and 120°E over the
Indian Ocean and SE Asia from May to September when
convection is strong. The annual cycle was isolated by least
squares fitting to a sine wave. Itis most pronounced in the re-
gion influenced by the Indian monsoon. At 20°N and 90°E,
over the Bay of Bengal, it accounts for 80% of the variance
in water vapor. Local maxima in the annual cycle occur just
west of Panama as Newell et al. [1997] have noted, and min-
ima over the cold eastern Pacific and Atlantic Oceans.

At the equator (Plate 1c), the range of mixing ratios is
smaller than at the other tropical latitudes. The smaller range
is probably because the Intertropical Convergence Zone
(ITCZ) is rarely situated at the equator itself (Philander er
al., 1996). The maximum mixing ratios are located over the
Indian Ocean and Indonesia. The minimum mixing ratios
occur over the eastern Pacific and are subject to an east-west
migration on annual timescales, resulting in lower values ex-
tending further west in June-August and further east from
November to January. As noted by Newell er al. [1997], the
amplitude of the annual cycle. like the range, is smallest at
the equator, and probably for the same reason. At the equa-
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Figure 1. Amplitude of the annual cycle in water vapor mix-
ing ratio (ppmv) at 10°S and 215 hPa.

tor, it exhibits its maximum amplitude at 90°W, off the coast
of South America, where it accounts for 53% of the variance.
Newell et al. [1997] showed that water vapor variations in
the region 80°-90°W and 0°-10°S are related to variations
in sea surface temperature (SST) caused by El Nifio and also
to anomalous changes in SST; the latter account for ~56%
of the water vapor variance.

In the southern hemisphere, Plates 1d and le, mixing ra-
tios are greater over Indonesia and South America during
summer and lower over the eastern Pacific in winter. In
the longitude-time section (Plate ld), strong annual cycles
can be seen over the African continent and South America.
Figure 1 shows the variation of the amplitude of the annual
cycle with longitude at 10°S and reveals further local max-
ima over Indonesia and the mid-Pacific. The influence of the
cold eastern Pacific in suppressing convection and leading
to a drier upper troposphere and of the warm western Pacific
leading to a moister upper troposphere is evident in Plate
1d. This constitutes the Walker circulation with rising air in
the west and subsiding air in the east. The influence of the
Walker circulation on upper tropospheric water vapor from
MLS has been noted by Newell er al. [1996] in two short
periods of data from September 17 to October 22, 1991, and
February 7 to March 14, 1994. Here, the presence of the
Walker circulation can be seen to be a more persistent fea-
ture. Mixing ratios over the western Pacific show east-west
migration similar to that at the equator, with low humidity
found further west during winter, when the ocean is colder.
Eastward moving features during the summer months origi-
nate over the warm Indian Ocean and are quickly terminated
once they reach the eastern Pacific. These have a higher fre-
quency than the annual cycle and are investigated by analyz-
ing the time series with a focus on intraseasonal timescales.

3.2. Intraseasonal Variability

One of the main modes of varability in the tropics is
the Madden-Julian oscillation (MJO) [Madden and Julian,
1971]. The MJO comprises large-scale circulation anoma-
lies associated with convective anomalies which propagate
eastward at 3-6 m s”!. The dvnamical signal of MJO, in
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zonal wind and surface pressure. has a period of 30-60 days
and can be detected across the ropics. The convective signal
has a broader range of 30-935 days [e.g.. Kiladis and Weick-
mann, 1992 Saiby and Hendon, 1994] and is strongest in
the Indian Ocean and western Pacific.

Eastward moving moist features are apparent in the wa-
ter vapor fields (Plate 1) and are most prominent at 10°S in
southern summer. The moist anomalies at 10°S cover lon-
gitudes from 90°E to 245°E (115°W). One such feature be-
gins at 105°E and travels to 190°E in ~22 days, thus moving
with a speed of ~5 m s~!. At the equator during southern
summer, there are eastward moving features similar to those
at 10°S, but they are less intense; during southern winter,
eastward propagation is less common. Similar propagation
of moist anomalies occurs at 10°N in northern summer with
a more limited longitudinal extent, being confined mostly
to the Indian Ocean. There is also evidence for the eastward
movement of dry features between 130° and 280°E in north-
ern hemisphere winter at 10° and 20°N (Plates 1a and 1b).
In this section, the eastward moving moist features and their
relationship to the MJO will be discussed.

The periodicity of the disturbances at a fixed longitude
may be investigated from the power spectrum or from the lag
correlogram. For a data set like that in Plate 1, the lag cor-
relogram has some advantages, as it is insensitive to change
of phase in the waves from one winter to the next and to
whether the wave period is a proper harmonic of the length
of the data set. Furthermore, it can reveal some information
even when the waves exist for little more than one period.

Figure 2 shows the lag correlogram for 160°E and 10°S
based on the 520 days of data used for Plate 1. Here, [60°E
is illustrated as the longitude which exhibits the greatest in-
traseasonal variability. The annual cycle and low-frequency
variability was removed from each longitude using a 150 day
Butterworth filter. Also shown is the red notse background
spectrum computed from lag-one autocorrelation [Gilman et
al., 1963] and the 95% confidence limits. The data have an-
ticorrelation less than —0.2, at lags of 20-35 days, well be-
low the red spectrum and significant at the 95% level. This is
suggestive of waves of period 40-70 days, an interpretation
supported by the existence of positive correlations at lags of
40-70 days. Inspection of Plate | suggests that these cor-
relations arise from features which are only apparent in the
southern summer months. Only slightly over one cycle is
apparent in each year and so very high correlations cannot
be expected. Moreover the magnitude of the correlation at
the wave period will be necessarily less than that at the half
period. By cross-correlating the time seres at each longi-
tude with the time series at 160°E using different lags, the
estimated propagation speed was confirmed to be 4-5m s~

Figure 3 shows how the power at each frequency varies
with longitude for 10°S. The strongest signal corresponds
to a frequency of 0.014 days~! or a period of 70 days and
falls within the frequency range associated with the convec-
tive signal of the MJO. The power spectrum was tested for
significance at 95% by computing the signal to red noise ra-
tio at each longitude and comparing it with the chi-squared
distribution following the methed of Gifman eral. [1963]
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Figure 2. Auto-correlation of the time series of 215 hPa water vapor mixing ratios at
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(solid line), red noise (dashed line), and 95% confidence limits (dash-dotted lines).

At 70 days and 160°E, values greater than 1 12ppm ? are sig-
nificant. The signal is confined in longitude from 140° to
180°E. This area, over the western Pacific, has been shown
to exhibit strong intraseasonal variability in outgoing long-
wave radiation (OLR) which is often used to infer deep con-
vection. Salby and Hendon [1994] examined 11 years of
OLR data from the advanced very high resolution radiome-
ter (AVHRR) and found that intraseasonal behavior was co-
incident with centers of climatological convection and warm
sea surface temperature, with maxima over the Indian Ocean
and western Pacific and secondary maxima over the eastern
Pacific, Africa, and South America. They noted that most of
the intraseasonal variance occurred over the Indian Ocean.

This contrasts with the signal in water vapor which is domi-
nant over the western Pacific. The absence of a signal in the
water vapor field over the Indian Ocean may indicate that
convective moistening is not reaching the 215 hPa level.

In order to focus on the intraseasonal frequency range
characterisic both of the MJO and of the eastward mov-
ing disturbances seen in Plate 1, we filtered the water vapor
data with a 30-85 day Butterworth band-pass filter similar
to that used previously in studies of OLR {e.g., Salby and
Hendon, 1994; Zhang and Hendon, 1997]. When applied
to 520 days of data at 10°S and 160°E, the 3085 day filter
band accounted for 35% of the total power compared with
19% for the annual cycle. Mixing ratios in this band vary by
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Figure 3. Power spectrum, as a function of longitude and frequency, of deseasonalized water vapor at

215 hPa. Contour intervals are 50 ppmv?.
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£ 60 ppmv. At the equator, intraseasonal activity occurring
in the 30-85 day band accounts for 35% less power than at
10°S.

At 10°S the water vapor anomalies, consistent with the
OLR signal [Salby and Hendon, 1994}, possess a strong sea-
sonality that is apparent in the longitude-time section (Plate
1d). The eastward propagating anomalies are strong when
the ITCZ is near the latitude in question (local summer)
but virtually absent when the ITCZ is not (local winter).
When the eastward propagating anomalies are strong (De-
cember 1991 to March 1992), intraseasonal variability ac-
counts for as much as 63% of the total variance, but, when
they are weak (August-November 1992), intraseasonal vari-
ability only accounts for 7% of the total variance.

Further insights about the nature of the intraseasonal vari-
ability come from a wavenumber-frequency spectral analy-
sis. The low-frequency variability was removed from 520
days of data using the 150 day band-pass filter as before,
and the filtered data have been regressed against zonal and
temporal harmonics of the form cos(kz —wt) to identify the
power at discrete wavenumbers k and frequencies w. Fig-
ure 4 shows the results of this analysis. There is very little
power at the lowest frequencies, owing to the filtering; most
power is concentrated in positive (eastward) wavenumbers

1-3 with periods from 30 to 60 days. Modes at k = 0 have a
small share of the power, mostly at 37 and 74 days and rep-
resent a zonally symmetric mode. Because the zonal struc-
ture and frequency of the water vapor anomalies are similar
to those usually identified with the convective component of
the MJO (e.g., OLR), we tentatively identify these anomalies
with the MJO.

To separate the modes of variability suggested by Fig-
ure 4, we calculate extended empirical orthogonal functions
(EEOFs) [Weare and Nasstrom, 1982, Wang et al, 1995].
Their more common cousins, empirical orthogonal functions
(EOFs) , identify coherent variations by finding eigenvec-
tors of the (symmetric) covariance matrix and ranking these
eigenvectors in descending order of variance explained. For
the longitude-time array of water vapor at 10°S, the covan-
ance matrix for ordinary EOFs would be formed by sum-
ming (in time) the covariance g;(t)g; (t) of water vapor gi(t)
at every combination of longitudinal grid points. The EOFs
would be one-dimensional functions of longitude and would
yield a clearer picture of zonally coherent variations. Ex-
tended EOFs are found by calculating covariance of water
vapor at each grid point not just with water vapor at other
grid points but also at different lag times [, i.e., gis, where
the lag varies in this case betwesn —60 and +60 days at 5
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day intervals. EEQF analysis vields a clearer picture or zon-
ally and temporally coherent variations.

The first four EEOFs are shown in Figure 3. EEOFs (and
EOQFs) sometimes occur in conjugate pairs. identinied by the
closeness of their eigenvalues. by their associated time series
which are in quadrature and by their spatiotemporal struc-
ture which is also in quadrature. The significance of conju-
gate pairs is that they describe a quasi-periodic oscillation of
some sort. The first pair of EEOFs in figure 5 have the char-
acteristics of a conjugate pair. as do the next pair of EEOFs.
The next four EEOFs (not shown) form two more conjugate
pairs, but their interpretation is more difficult. The oscil-
lation indicated by the first pair of EEOFs shows eastward
propagation between about 75°E and 200°E (as in Plate 1d);
and the time lag between maxima is 35 days. The phase
speed of anomalies is 3-4 m s~'. High variance s con-
fined to the Indian Ocean and western Pacific (75°E-200"E).
By contrast, the oscillation indicated by the second pair of
EEOFs is somewhat more broadly distrtbutzd in longiiude.
shows no identifiable 2astward or westward propagaton. and
the time lag betwezn maximais 33 days.

The time series of the coetficients of the EEOFs. or prin-
cipal components (PCi i Figure 65 reveal both the inirasea-
sonal cveles and the seusonal ennelope. wirh smablar wani-

ance during southern winter as noted above. Spectral anal-
ysis confirms what a visual inspection suggests: The domi-
nant spectral peak for PC1 and PCZ s at 30 days. while the
dominant spectral peak for PC3 and PC4 is at 36 days. (Note
that the temporal resolution of the PCs is | day. while the
temporal resolution of the EEOFs is 5 days.) Based on the
spatiotemporal structure revealed in Figure 5 and the charac-
teristics of the time series just discussed. it seems reasonabie
to associate the first pair of EEOFs with the band of variance
at 50--60 days and wavenumbers |-+ in Figurz 4 and 0 as-
sociate the second pair of EEOFs with the & = 0 mode at 37
days in Figure 4.

Figure 7 is a reconstruction of the longitude-time section
in plate Id using combinations of the PCs. The original
longitude-time section is shown for comparison alongside
reconstructions using PC 1 and 2 oniv. PC 3 and 4 onlv. and
PC 1, 2, 3 and 4 combined. Figure 7 highlights the =astward
moving anomalies in the original datz and demanstrates how
the eastward propagation is captured ns the EEOFs. Mostot

the eastward propagation west of the dateline s proked dut
by EEOF l and 2. EEOF Jand +ace
ance, but their inclusion incraases the
anomalies.

3.2.1. Relationship with other meteornlogical fields.

tuntioriess of g v ar-

2astweard exientaf the
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Figure 6. Time series of the coefficients of the EEOFs (principal components (PC)) in the previous figure.

In order to strengthen the proposed identification between
the water vapor anomalies and MJO, the water vapor field
is compared with vertical velocity and zonal winds obtained
from ECMWF reanalysis. We examine the lifecycle of water
vapor during the eastward moving event in December 1991
to February 1992 identified in section 3.2, and compare this

to midtropospheric vertical velocity at 500 hPa. Both quan-
" tities are plotted as 5 day averages in Figure 8 where water
vapor mixing ratios > 170 ppmv are shaded in grey and up-
ward vertical velocity less than -0.05 Pas™! is colored black.
The dates indicate the middle of each pentad.

From December 17-22, mixing ratios >170 ppmv are
spread out in a band along the equator. Several small pock-
ets of vertical velocity are strung out along the equator from
Africa as far as 135°W and there is indication of the South
Pacific Convergence Zone (SPCZ). On the December 27, the
distribution of high water vapor begins to shift from Africa
and the Indian Ocean toward Indonesia. Similarly, the distri-
bution of pockets of vertical velocity has shifted from Africa
and the Indian Ocean toward Indonesia. Both the SPCZ and
the ITCZ are well pronounced in the vertical velocity field.

On the January !, there is a large vertical velocity pocket
over the west Pacific and a corresponding area of high mix-
ing ratio is beginning to develop. By January 6. the moist
area has moved eastward from Indonesia to become centered

over the western Pacific and vertical velocity is still strong
at this time. On the January 11, the pocket of vertical veloc-
ity begins to break up, but water vapor mixing ratios remain
high and continue to migrate eastward and to intensify along
the SPCZ. The SPCZ remains a strong characteristic in both
the vertical velocity and water vapor fields until February 3,
but lingers as a feature in water vapor for a further 5 days.
On the February 10, the small pockets of vertical velocity
have returned to Africa and the Indian Ocean and mixing ra-
tios have begun to increase here also. Finally, water vapor
disperses from the SPCZ.

This correspondence between water vapor and vertical ve-
locity illustrates a strong relationship between high mixing
ratios and convection and indicates that the convective sys-
tem as a whole moves eastward rather than the water vapor
being advected along at the 215 hPa level. The patterns of
water vapor mixing ratio are similar to those in OLR dur-
ing the MJO in March—April 1988 described by Matthews et
al. [1996]. Both begin as a low intensity band along, and
mostly south of, the equator which becomes organized over
Indonesia and the west Pacific and is followed by develop-
ment in a southeast direction along the SPCZ. Again, the
SPCZ remains prominent in the water vapor field for longer
than in OLR. Knutson and Weickmann [1987] noted the de-
velopment of OLR from the Indian Ocean to the SPCZ. Ruwi
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Figure 7. Reconstruction of the longitude-time section using combinatiens of the principal components (PC).

and Wang [1990] found that development along the SPCZ
occurred in strong MJO events, and Marthews et al. [1996]
found that enhancement or excitation of convection along
the SPCZ is observed in virtually all MJOs from 1979 to
1988.

The high water vapor mixing ratios also appear to be re-
lated to westerly wind bursts in the lower troposphere. Wang
[1988] showed that although the mean surface winds in the
tropics are easterly. they are often westerly in the region
where convective anomalies associated with the MJO origi-
nate. Zhang [1996] found that deep convection tended to oc-
cur in connection with 850 hPa westerly wind perturbations.
and Hendon and Glick [1997] showed that westerly wind
anomalies were related to enhanced evaporation. A time se-
ries of zonal winds at 850 hPa and 10°S is shown in Figure 9.
Regions of westerly wind are evident during southern sum-
mer in both 1992 and 1993 and are well correlated with the
eastward moving moist features in the longitude-time plot of
water vapor (Plate 1d). The longitudinal extent of the west-
erly winds in 1992 (from 40°-200°E) corresponds well with
the more evident eastward propagation in the water vapor
field of this year.

In contrast to the zonal winds at 10°S. westerly wind
bursts at the equator (not shown) are weaker and have a
limited longitudinal exteat. Similarly. Zhang and Hendon
[1997] who also used 831 hPa zonal winds from the ECMWF

analysis showed that the maximum intraseasonal variance in
zonal wind was off the equator and concentrated in the west-
ern Pacific. This is an important reason for the mixing ratics
being higher at 10°S than at the equator and further indica-
tion that the high muxing ratios are aresult of enhanced evap-
oration and convection. The fact that the largest variances
do not lie on the equator appears to be in conflict with those
theories which attribute the MJO to moist Kelvin waves, as
remarked by Zhang and Hendon [1997].

3.2.2. Interannual variability. There have bezn sug-
gestions that the MJO vartes in strength from vear o year
and that this may be related to the El Nifo-Southern Oscil-
lation phenomenon [e.g. Lau and Chan. 19867 Accord-
ingly, we have investigated the behavior of the MLS up-
per tropospheric humidity data for other years. There are
some practical difficulties with this as data gags prevent a
detailed investigation of the southern summer menths. The
data gaps have incrzased in length as the spacecraft and in-
strument have aged and make later years more difficult to
study. Longitude-time sections for southern summer periods
are shown for 1075 in Plate 2 for all the available MLS data.
Data have been treated in the same wav as for Plate 1. Be-
cause there werz not sufficient daw for the southern summer
O 1994-1993 that period 15 omitted.

Signs of 2astward cropagzation are mast apparent:n 1991-

]

193 comv reach

1992 when mixing ratios betwezen 170 and
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Figure 8. The 5 day averaged water vapor mixing ratios, at 215hPa and >170 ppmv (grey) and ECMWE
vertical velocity at 300hPa and <-0.05 Pa 57! (black) Dates indicate the middle of the pentad.

as far as 240°E (120°W). This is further east than in any
other year, and it should be noted that this was an El Nifio
year (Trenberth, 1997]. In all other years, mixing ratios
>170 ppmv never extend further east than 210°E (150°W).
Knutson and Weickmann [1987) noticed similar behavior in
OLR and proposed that low sea surface temperatures or de-
scending motion associated with the Walker circulation sup-
press further eastward development. Hence. the greater ex-
tent of the anomalies in 1991-1992 is probably a result of
the eastward shift of convection that is a fundamental com-
ponent of ENSO.

In 1992-1993 (Plate 2b). the 30-33 dav filter band ac-
counts for 52% of the variance compared with 63 in 1991~

1992, and in 1992-1993 eastward movement is less evident.
In the summer of 1993-1994 (Plate 2c), total variance is
the same as in 1991-1992, but that associated with east-
ward propagation is less. In 1995-1996, a La Niiia year
(Trenberth, 1997], the lowest mixing ratios of any of the
years, <70 ppmv, are reached over the eastern Pacific, and
the mean and maximum mixing ratios are also lower than in
other years, with the maximum mixing ratios never exceed-
ing 245 ppmv. Although the data in 1996-1997 are sparse.
mixing ratios can be seen to be as high as those in 1991~
1992, and therz may even be signs of sastward propagation
in late February and eariv March. High mixing ratios do not
have the same 2aspward 2xteat as in 1991-1992. Saiby and



CLARK ET AL.: VARIABILITY OF UPPER TROPOSPHERIC WATER VAPOR

b
) @
g g
Z A
[\
: g
0 100 200 300 ] 100 200 300
longitude (degrees) jongitude (degrees)
d
- —~
& §
A Z
@ P
£ E
0 100 200 300 0 100 200 300
longitude (degrees) iongitude (degrees)
Moy.93
bt I LN Y
Dec.92 AT Y. {
e 5 10 LI YN[ Y
S [
w 3 —13 ‘ D
g S T . Y O B A
< Aug.92 i B 1
£ 0 45 90 135 180 225 270 315 360
= longitude

Apr.92

Dec.91
70 95 120 145 170 195 220 245
Woter Vapour (ppmv)

0 100 200 300
longitude (degrees)

Plate 1. Longitude-time sections of water vapor mixing ratios (ppmv) at 215 hPa and latitudes of (a)
20°N, (b) 10°N, (c) 0°, (d) 10°S, and (e) 20°S. Data have been Kalman filtered and a mask applied to

gaps of more than 3 days.



CLARK ET AL.: VARIABILITY OF UPPER TROPOSPHERIC WATER VAPOR

29 Mor.92
a b
28.Feb.92
Iy iy
3 §
Z 29.00n.92 5 ~
[ L]
£ £
30.Dec.91
01.Dec.91

0 100 200 300 o]

time (days)
time (days)

0 100 200 300 0

longitude (degrees)

- - - -

s e m em— e

30.Mor.87

e [ Sl ™ (I 30
e
= ¢ 2w (5% g 1
7 3 10
3 -20
® ~30
E

01.Dec.96 — ,

0 100 200 300
longitude {degrees)

Plate 2. Longitude-time sections of water vapor mixing ratios (ppmv) at 215 hPa and 10°S for 120 days
of southern summer from December-March in (a) 1991-1992, (b) 1992-1993, (c) 1993-1994, (d) 1995~
1996, (e) 1996-1997. Data have been Kalman filtered, and a mask has been applied to gaps of more than

3 days.

100

100

200 300
longitude (degrees)

200 300
longitude (degrees)

longitude

VLT 992 Y N
7Yy I
T N
, )
i, T N
WL A w
4] 45 90 135 180 225 270 315 360

70 95 120 145 170 195 220 245
Water Vapour (ppmv)

31,705



31,706 CLARK ET AL.: VARIABILITY OF UPPER TROPOSPHERIC WATER VAPOR

=

0 ™ N
Aora3T . = = S
-.4;. ‘.‘_. e e e -
v oalt —-":d-'.— -
Jan.83 EE‘&-& — ~

-

-

aqamm vox K&H?ﬁ‘(ﬁﬁ] lrtk

i

i
'

IllIlAllAl‘lAlllllllllAAllAAAlllIllAlAlAllAAAAAAAL

{ms™]

Figure 9. Longitude-time section of ECMWF zonal winds (m s~*) at 10°S and 850 hPa.

Hendon (1994] found that the convective signal was absent
during the srong ENSO cycle of 1982-1983 The relation-
ship between the MJO and ENSO warrants further investi-
gation.

4. Conclusions

We have shown that water vapor in the tropical upper tro-
posphere varies on both annual and intraseasonal timescales.
The annual cycle can be clearly seen in longitude-time sec-
tions of water vapor, but during southern hemisphere's sum-
mer, variability at intraseasonal timescales exceeds variabil-
ity at the annual timescale. The annual cycle is most pro-
nounced over the landmasses of South America and Africa,
in agreement with the study by Newell er al. [1997]. Al-
though the annual cycle is generally smaller aver the oceans,
local maxima occur in some oceanic locations, notably in re-
gions influenced by the Asian monsoon and over Indonesia
and the central Pacific.

Longitude-time sections revealed eastward moving moist
anomalies that were most prominent at 10°S from December
1991 to March 1992. It is significant that this period coin-
cides with an El Nifio. The features originate in the Indian
Ocean and propagate at speeds of 3-4 m s~! until they reach
the eastern Pacific. The EEOF analysis and wave-frequency
analysis reveal eastward propagating modes at 30-60 days.
These spectral characteristics in space and time (Figures.
4, 5, and 6) together with the longitudinal lifecycle of the
moist anomalies observed in longitude-time sections, resem-
ble those of the MJO. We therefore identify the anomalies
with the convective component of the MJO. The longitudinal

extent of the intraseasonal signal was limited to the western
Pacific where it dominated over the annual cycle during the
time period from December 1991 to May 1993.

In addition to the eastward propagating modes interpreted
as the MJO, zonally symmetric modes with periods of ~37
and 74 days have also been identified from the EEOF anal-
ysis, combined with spectral analysis of the principal com-
ponents (Figures 5 and 6) and from power-spectrum analy-
sis and wavenumber-frequency spectral analysis (Figures 3
and 4). These may be related to standing components of
tropical convection which have been observed in OLR and
150 hPa divergence [e.g., Hsu er al., 1990; Zhu and Wang,
1993; Zhang and Hendon, 1997].

A sequence of pentad maps showed the movement of
moist anomalies from Africa across the Indian Ocean, in-
tensification over Indonesia and the West Pacific and devel-
opment along the SPCZ. The vertical velocity field has sim-
ilar characteristics, lending support to our assertion that the
moist anomalies at 215 hPa are associated with slowly trans-
lating convection. The origin of the moist anomalies would
appear to be enhanced surface evaporation during westerly
wind bursts, which were seen to be strongly correlated with
water vapor and are known to play an important part in gen-
erating and maintaining the MJO.
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